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We describe a 1,400 million-year old (Ma) iron formation (IF) from
the Xiamaling Formation of the North China Craton. We estimate
this IF to have contained at least 520 gigatons of authigenic Fe,
comparable in size to many IFs of the Paleoproterozoic Era (2,500–
1,600 Ma). Therefore, substantial IFs formed in the time window
between 1,800 and 800 Ma, where they are generally believed to
have been absent. The Xiamaling IF is of exceptionally low thermal
maturity, allowing the preservation of organic biomarkers and an
unprecedented view of iron-cycle dynamics during IF emplace-
ment. We identify tetramethyl aryl isoprenoid (TMAI) biomarkers
linked to anoxygenic photosynthetic bacteria and thus phototro-
phic Fe oxidation. Although we cannot rule out other pathways of
Fe oxidation, iron and organic matter likely deposited to the sed-
iment in a ratio similar to that expected for anoxygenic photosyn-
thesis. Fe reduction was likely a dominant and efficient pathway
of organic matter mineralization, as indicated by organic matter
maturation by Rock Eval pyrolysis combined with carbon isotope
analyses: Indeed, Fe reduction was seemingly as efficient as oxic
respiration. Overall, this Mesoproterozoic-aged IF shows many
similarities to Archean-aged (>2,500 Ma) banded IFs (BIFs), but
with an exceptional state of preservation, allowing an unprece-
dented exploration of Fe-cycle dynamics in IF deposition.
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Iron formations (IFs) are Fe-enriched sedimentary rocks found
in relative abundance between ∼3,000 and 1,800 million years

ago (Ma), and again ∼800 Ma, but they are very scarce in the
billion years in between (1–4). As IFs are composed of minerals
thought to have ultimately derived from Fe(II)-containing ma-
rine waters (e.g., refs. 1 and 5), the lack of Fe formations
between 1,800 and 800 Ma implies a lack of abundant seawater
Fe(II) during this time interval. There have been two proposals
to account for a lack of Fe(II). In one suggestion, atmospheric
oxygen concentrations increased to levels sufficient to oxygenate
the deep ocean, thus removing Fe(II) through oxidation (5). In
another suggestion, Fe(II) was, instead, removed through pre-
cipitation by sulfide (6). In the latter scenario, an increase in
sulfate flux to the ocean followed the great oxidation of the at-
mosphere (GOE) some 2,300 Ma (5, 7, 8). An increase in sulfate
availability increased rates of sulfate reduction in a dominantly
anoxic ocean, removing Fe(II) from solution (7). Recent work
has uncovered substantial amounts of ocean anoxia in the time
window between 1,800 and 800 Ma (9–17), thus possibly favoring
the second scenario. However, anoxic waters were frequently
ferruginous, and thus, the lack of IFs between 1,800 and 800 Ma
remains enigmatic.
Apart from issues related to the abundance of IFs through

time, there is still much debate on the mechanisms of IF de-
position (18–24). IFs comprise a variety of different minerals
including Fe oxides, Fe sulfides, Fe silicates, and Fe carbonates
(e.g., refs. 1, 25, and 26), and there is much discussion about
which of these phases are primary precipitates and which are
secondary minerals (e.g., refs. 1 and 27–30). There is also a
broader debate as to how these minerals formed and the possible
role of biology in their genesis (e.g., refs. 1, 3, 21, and 31–33).

Understanding the genesis of the Fe minerals in IFs is one step
toward understanding the relationship between IFs and the
chemical and biological environment in which they formed. For
example, the high Fe oxide content of many IFs (e.g., refs. 32, 34,
and 35) is commonly explained by a reaction between oxygen and
Fe(II) in the upper marine water column, with Fe(II) sourced
from the ocean depths. The oxygen could have come from ex-
change equilibrium with oxygen in the atmosphere or from ele-
vated oxygen concentrations from cyanobacteria at the water-
column chemocline (e.g., refs. 1, 3, 31, and 32). The oxidation
could have been strictly inorganic, given the rapid reaction kinetics
between Fe(II) and oxygen (36, 37), or it could have been medi-
ated by aerobic Fe(II)-oxidizing prokaryotes likeMariprofundus sp.
(e.g., ref. 38). Indeed, there is some evidence that biological
oxidation is favored over inorganic oxidation at low oxygen
concentrations (39).
Another possible route of iron oxide formation is the oxida-

tion of Fe(II) to iron oxyhydroxides by bacterial anoxygenic
photosynthesis. Notably, this pathway does not require oxygen.
Anoxygenic photosynthesis was first proposed by refs. 18 and
19 as having a possible role in IF formation, and the anoxygenic
phototrophic oxidation of Fe(II) was subsequently discovered as
a prokaryote metabolism by ref. 20. Since then, anoxygenic
photosynthetic oxidation of Fe(II) has been found among both
purple nonsulfur and green sulfur bacterial lineages (e.g., ref.
40), and these bacteria have been found active in modern fer-
ruginous settings (41, 42). These observations support the idea
that anoxygenic photosynthesis could have driven Fe(II) oxida-
tion in ancient IF settings (e.g., refs. 18–24). Still, despite these
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recent insights, the role of anoxygenic phototrophic bacteria in
IF formation remains uncertain (43).
While many IFs are characterized by iron oxide phases, many

also contain abundant, if not dominant, iron carbonates (e.g., refs. 1,
26, 28, 32, 44, and 45). These minerals precipitated either directly
from the anoxic Fe(II)-containing water column or during early
diagenesis in the sediments. In both cases, microbial reduction of
ferric oxides produced in the upper water column would have ele-
vated the concentration of Fe(II) as well as the pH and bicarbonate
concentration, all favorable for siderite precipitation (e.g., ref. 44).
However, the metabolic products of microbial respiration reactions
typically accumulate to much higher concentrations in sediments
compared with the water column (46), so that mineral formation
driven by respiration is more favored in sediments. The carbonate
associated with siderite in siderite-rich IFs is typically depleted in
13C, sometimes greatly so, compared with likely values for seawater
(26, 47). These large 13C-depleted values are consistent with the
role of Fe reduction in carbonate formation, most likely in sedi-
ments (1, 47), but without further proof, the role of Fe reduction in
IF generation remains uncertain.
We report here on a substantial IF in the ∼1,400 Ma Xiamaling

Formation of the North China Craton. Within the current
boundaries of the Xiamaling Formation, this IF likely contained
∼520 gigatons (Gt) of authigenic Fe, placing it in the same order
of magnitude as many Archean, Paleoproterozoic, and Neo-
proterozoic IFs (48). The Xiamaling IF also contains biomarker
and geochemical evidence for a dynamic biological Fe cycle,
including extensive and efficient dissimilatory Fe reduction and
anoxygenic phototrophic Fe oxidation. Much of this evidence is
only possible because of the low thermal maturity of the Xiamaling
rocks uniquely preserving biomarkers and other organic geochemical
indicators. Thus, the Xiamaling IF provides the best-resolved insights

to date as to the role of the ancient Fe cycle in IF deposition and
diagenesis, and during a time when IF deposition has been
considered unimportant.

The Geologic Setting
The IF we describe is found within the Xiamaling Formation on
the North China Craton. The Xiamaling Formation is part of the
Paleoproterozoic to mid-Mesoproterozoic sedimentary succes-
sion deposited onto Paleoproterozoic crystalline rocks within the
Yanliao rift (49, 50), which is one of three recognized and con-
temporaneous rift systems on the North China Craton. The other
two rift systems are the Zhaertai-Baiyun Obo rift system to the
northwest and the Xiong’er rift system to the south (Fig. 1) (49).
These rifts may represent part of the early initial breakup of
Supercontinent Columbia (Nuna) (50).
The sedimentary rocks of the Yanliao rift, containing the

Xiamaling Formation, begin with the Changcheng Group,
which represents sedimentation in an opening rift beginning
some 1,700 Ma (Fig. 2) (51, 52). The overlying Nankou Group
represents a transition from active rifting to a passive margin
setting, which is represented by the overlying Jixian Group. The
Tieling Formation, at the top of the Jixian Group, has a U-Pb
age of 1,437 ± 21 Ma, obtained from zircons extracted from a
K-bentonite (53). The Bilute Formation of the Zhaertai-Baiyun
Obo rift system has been correlated with various sedimentary
units of the Jixian Group of the Yanliao rift system (49, 50), and
it is suggested that these rift systems were connected by a mix of
shallow and deep marine settings until ∼1,400 Ma (49, 50). The
paleogeographic details, however, are clouded by uncertainty as
to the relationship between the North China Craton and the
Supercontinent Columbia (Nuna) (54, 55). The Xiamaling For-
mation began depositing at around this time with precise thermal
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Fig. 1. Map of North China, highlighting the Yan-
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ionization mass spectrometric (TIMS) dating yielding ages of
1,384 ± 1.4 Ma for zircons from a tuff layer in unit 2 and
1,392.2 ± 1.0 Ma for a bentonite layer in unit 3 located 52 m
below the tuff in stratigraphic height (56) (Fig. 2).
Some have argued that these Xiamaling Formation ash layers

provide evidence for volcanism associated with subduction,
thereby placing the Xiamaling Formation in an environment
transiting from a passive margin setting to one experiencing the
initiation of subduction in a back-arc basin setting (50). How-
ever, as we have noted previously (13), ash layers are rare in the
Xiamaling Formation, as they are found in only two intervals.
Furthermore, through most of its depositional history, the
Xiamaling Formation deposited well-laminated sediments under
quiet deep-water depositional conditions (13), including the in-
tervals housing ash layers. Thus, the Xiamaling Formation is
absent of evidence for the tectonic events delivering massive
debris flows and the pervasive volcanism that might be expected
in a back-arc environment. Numerous diabase dikes intercept the
Xiamaling Formation at various locations (Fig. 1). These are
dated to between 1,316 and 1,353 Ma (54, 55, 57), and these
dikes may indicate the initiation of local rifting and the final
breakup of the North China Craton from Supercontinent Columbia
(Nuna) (54). Still, these events postdate the Xiamaling Formation.
Overall, we believe that available evidence points to continued
deposition of the Xiamaling Formation in a passive margin setting.
We also highlight that the Xiamaling Formation has experienced a
remarkably low degree of thermal maturity, likely never having
been heated to >90 °C (56), and thus preserving, to our knowledge,
the best available IF record of biomarkers and other organic bio-
geochemical indicators. A detailed accounting of our sampling
procedures and analytical methods is found in SI Materials and
Methods, with a compilation of all our analytical data.

The Xiamaling Formation IF
In the Xiahuayuan area, we observed the IF in outcrop at three
locations, and in each case, ∼12 m of Fe-containing strata were
exposed (Fig. 1, showing two of the locations). We also intercepted
the IF in two cores: In one core, we collected the very top the IF,

while in the other core, we intercepted the IF over a depth of
∼45 m. Stratigraphically, the IF-containing interval of the
Xiamaling Formation comprises unit 5 of our informal classifi-
cation scheme (Fig. 2) (13). We defined the top of unit 5 as the
transition between the overlying red–green layers of unit 4 (13)
and the underlying ferruginous sediments as clearly seen in both
core and outcrop (Fig. 1). The lower part of unit 5 was not ob-
served in outcrop, and we took the bottom of the unit as the
bottom of our deepest core, recognizing that Fe-enriched sedi-
ments could extend even deeper into the subsurface.
Sedimentation in unit 5 is complex. Sedimentary fabrics range

from laminated silty muds (Fig. 3A), indicative of a simple
(hemi)pelagic settling, to thin event beds (Fig. 3B) and cross-
bedded fabrics (Fig. 3C), indicative of active sediment trans-
port and possible current influence. Also common are signs of
sediment deformation, erosion, slump scars, and active sediment
mobilization (Fig. 3D). These fabrics are consistent with liquifi-
cation and gravity-driven deformation, possibly due to sediment
loading or seismic shocks. Overall, unit 5 was an active depositional
environment, with the deposition of background muds interrupted
by mass flows, bottom currents, and postdepositional disturbance.
Despite this, there is no indication of cross-laminated features
consistent with wave impingement on the sediments, and thus,
the sediments likely deposited well below storm wave base.
Iron enrichments in unit 5 are concentrated in the upper 25 m

of the unit (Figs. 2 and 4) and in the lower 5 m (Fig. S1 showing
the lower Fe-enriched region, where we have limited geo-
chemical data). The Fe enrichments are not uniform, where the
most enriched sediments are composed of layers of <1 cm to
several-centimeter thickness as revealed through visual inspec-
tion and through 0.1-mm resolution core scanning with X-ray
fluorescence (μXRF) (Fig. S2). When associated with a high
clastic load, Fe is enriched in secondary Fe-silicate phases like
glauconite, with occasional siderite cement (Fig. 3E). As the
clastic load decreases, the siderite content increases, and the most
Fe-enriched layers are composed of densely packed siderite
rhombs (Fig. 3F), with siderite also a dominant phase in X-ray
diffraction (XRD) (Fig. S3).
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The transition between Fe-poor and Fe-enriched layers can be
gradual (Fig. 3G), and frequently, the Fe-enriched layers show
evidence of microlaminations (Fig. 3H), possibly due to layers of
organic matter deposition. The highly Fe-enriched layers can
also be unlaminated and can show evidence of mobilization and
even injection into adjacent clastic sediments (Fig. 3 D and I),
displaying features consistent with plastic deformation. The

deepest Fe layers are chaotic, showing clear evidence of mixing,
reworking, and brittle fracture (Fig. 3J). We cannot be certain,
but this deep layer appears to have been mobilized and trans-
ported in a semisolid state, possibly due to seismic activity after
partial solidification. We have not, however, conducted a full
geochemical survey of this deeper Fe layer, so this layer will not
be further discussed.
Altogether, the Xiamaling Formation IF is not a banded IF

(BIF), as it lacks the characteristic laminations. Nor is it a typical
granular IF (GIF), as it is not oolitic, and the iron grains do not
show evidence of pervasive transport in a high-energy environ-
ment (e.g., ref. 1). Observations do, however, support IF accu-
mulation through chemical sedimentation from the water column
with sedimentological and diagenetic (as explored in detail below)
reworking of the original Fe phases.
What appear to be similar Fe-enriched layers have also been

reported in the Jixian region, some 200 km to the East of our
sampling location (58–60) (Fig. 1). These deposits, too, seem to
extend over a depth interval of tens of meters (60), although they
have not been explored in detail.

Size of the IF
As described above, chemical analysis reveals numerous peaks in
iron concentration to values between 20 and 33 wt% Fe in the
upper 25 m of unit 5, with highly Fe-enriched layers extending in
thickness from <1 cm to several centimeters (Fig. 4 and Figs. S1
and S2). Overall, however, Fe concentrations are elevated over
the crustal average concentration of 3.5 wt% in the whole of the
upper Fe-enriched zone of the IF, located between 350 and
376 m (Fig. 2). Between 376 and 390 m, iron concentrations are
close to the crustal average value, with an increase in the bottom
4 m of the core to values as high as 47 wt%, but with background
concentrations also near the crustal average (Fig. S1). We note
that in the Jixian region, total Fe concentrations of up to 41.6 wt%
were measured (60).
With these data, we estimate the amount of IF-associated Fe

in unit 5 of the Xiamaling Formation. The average concentration
of Fe over the 44 m of unit 5 is 10.8 wt%. Subtracting the crustal
average concentration of 3.5 wt% yields an excess Fe concen-
tration of 7.3 wt%. We measured an average sediment density
for the core sections scanned in Fig. S2 of 2.7 g·cm−3, which
generates an Fe load of 8.7 × 102 g·cm−2 over the 44 m of unit 5.
If we assume this same Fe load over the whole of the 60,000 km2

of Xiamaling Formation, we obtain a total of 520 Gt Fe. We do
not know the whole areal or vertical extent of the Xiamaling IF,
but the description of a significant Xiamling IF some 200 km
from our location (58–60) (Fig. 1) gives us confidence that the
Xiamaling Formation IF was quite substantial when deposited,
and that our estimate of Fe load is likely in the right order
of magnitude.
While an IF of 520 Gt is much smaller than the massive

(10,000–100,000 Gt), and best-known, IFs of the Neoarchean
Eon (2,800–2,500 Ma), it is comparable in size to a host of IFs
deposited between 2,000 and 2,400 Ma and is by far the largest
reported IF for the billion years between 1,800 and 800 Ma (48).
Thus, the Mesoproterozoic Era (1,600–1,000 Ma) is not devoid
of significant IF deposition as once thought (e.g., refs. 1, 2, and
48). Rather, it appears that ferruginous conditions, apparently
common in Mesoproterozoic ocean water (10, 17, 37), at least
occasionally conspired to produce an IF of considerable size. We
explore the availability of Fe(II) for IF deposition in more
detail below.

The Depositional Environment and Source of Fe
As noted above, the Xiamaling Formation IF deposited in a
setting with occasional bottom currents and mass flows, but it
also likely deposited below storm wave base, at least in the lo-
cation of our sediment cores. The Fe enrichments themselves

Fig. 3. Photos and photomicrographs of unit 5. (A) Background sedimen-
tation of silty mud showing some evidence of weak lamination. (B) Micro-
scopic event beds in a background of mudstone. (C) Cross-laminated silty
and fine-grained sandy event beds. (D) IF (brown) in complex matrix with
signs of sediment deformation with erosional features. Also shown is pos-
sible mobilization and possible injection of Fe-rich sediment around an ap-
parent muddy clast. (E) Fe-enriched sands with abundant secondary Fe-
enriched sheet silicates. (F) Densely packed siderite in a conspicuous IF
layer. (G) Detrital silts with gradient in siderite content, where the gradient
direction is shown with the inserted rectangle. (H) Densely packed siderite
with weak laminations (possibly organic matter) and large grains of sec-
ondary mica. (I) Siderite layer showing evidence of mobilization and possible
plastic deformation. (J) Bottom IF layer showing evidence of brittle de-
formation.
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(Fig. 5 and Fig. S1) speak to anoxic bottom water conditions.
Such conditions would also explain enrichments in vanadium, as
the vanadate ion [VO2(OH)3

2−, V(V)] is reduced to immobile V
(IV) and V(III) phases under reducing conditions (61). Rare
Earth element (REE) plus yttrium patterns are also used to as-
sess depositional environment. In this case, a shale-normalized
negative Ce anomaly is usually taken to indicate deposition
in oxygenated environments, as oxygenated seawater contains
strong negative Ce anomalies (62). Our samples, and particularly
our high-Fe samples, which should contain the greatest authigenic
REE plus yttrium complement, show no Ce anomaly (Figs. S3
and S4). This is typical for IFs (43, 63–65), and it is also consistent
with Fe deposition from an anoxic environment. Molybdenum, in
contrast, is not generally enriched above crustal average values
(Fig. 5), as might be expected in a low-sulfide environment (66,
67). Enrichments in Mn correlate with Fe enrichments (Fig. 5 and
Fig. S2), demonstrating, as is typical for IFs, the co-occurrence
(and removal) of Fe and Mn in basin waters where the IFs pre-
cipitated (26, 68–70).

We measured the presence of 2,3,6-trimethyl aryl isoprenoids
(2,3,6-TMAIs) through most of the unit (Fig. 5, showing the C-
18 and -19 TMAIs). We believe these TMAIs to be indigenous
based on analysis of inside and outside pieces of core (71) (SI
Materials and Methods). The TMAIs are particularly abundant in
the Fe-rich layers at ∼365 and ∼375 m, but their overall abun-
dance is some 10 times lower than measured previously in
overlying units of the Xiamaling Formation (13, 72). The 2,3,6-
TMAI biomarkers are breakdown products of the carotenoid
pigments of “brown” strains of anoxygenic phototrophic green
sulfur bacteria (GSBs). Their presence, therefore, is typically
ascribed to the presence of an anoxygenic phototrophic pop-
ulation in an anoxic water-column setting (73, 74).
A formation pathway for 2,3,6-TMAIs from the β-carotene of

cyanobacteria and algae, however, has also been identified (75).
We previously argued that the TMAIs in unit 3 of the Xiamaling
Formation were likely derived from GSBs (72). Our argument
was based on positive whole-rock carbon isotope excursions in
association with peak 2,3,6-TMAI abundance, where GSBs
produce relatively 13C-enriched organic matter through carbon
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fixation by the reductive citric acid cycle (reviewed in ref. 76).
We see no positive isotope shifts in the elevated TMAI intervals
of unit 5 (Figs. 5 and 6), but the TMAI concentrations are very
low, and such a shift might not be expected. Therefore, by
analogy with unit 3, we cautiously suggest that the 2,3,6-TMAIs
demonstrate the presence of an ancient population of GSBs at
the chemocline in the water column during deposition of unit 5,
especially during periods of high Fe deposition. GBSs conduct
both the phototrophic oxidation of H2S (77) and Fe(II) (78), but
due to the great abundance of Fe carbonates, and the low
abundance of sulfides in this unit [undetected by XRD, even
after siderite removal; Fig. S3], we argue that the GSBs of unit
5 would have most likely been active in the oxidation of Fe(II).
Neither Fe enrichments nor trace metals provide compelling

evidence for anoxic depositional conditions in the low-Fe interval
between 377 and 390 m in the core (Fig. 4). However, the presence
of 2,3,6-TMAIs in this interval, and the associated activity of
anoxygeneic phototrophs, argue for at least intermittent anoxic
conditions during the deposition of the unit (Fig. 5).
As mentioned, IFs are rare in the time interval between

1,800 and 800 Ma; therefore, the Xiamaling IF required a source
of Fe(II) well in excess of normal for marine depositional envi-
ronments during this time. It is often argued, based on REE
(plus yttrium) patterns, and in particular positive Eu anom-
alies, that the Fe(II) for IF deposition originated from hydro-
thermal sources (1, 43, 63, 65). This is because hydrothermal
fluids carry a positive Eu anomaly (79), and they are also typi-
cally Fe(II) enriched (80). Thus, periods of elevated IF de-
position have been linked to periods of enhanced mantle plume
activity as evidenced by the emplacement of large igneous
provinces and major periods of dike swarm activity (4). REE
(plus yttrium) patterns for unit 5 of the Xiamaling Formation
show a positive, but relatively small, Eu anomaly in the high-
Fe sections (Eu/Eu* < 1.2) (Figs. S3 and S4). This rather muted
Eu anomaly follows a general trend of reduced Eu anomalies in
going from IFs deposited in the Archean Eon (Eu/Eu* = 1.2−4.5)
to the Neoproterozoic Era (Eu/Eu* = 1−1.4) (43). Thus, while
there may have been a hydrothermal contribution to the Fe pre-
cipitating with Xiamaling Formation IF, its magnitude is difficult
to constrain and may have been small.
While the Xiamaling IF is restricted to unit 5 of the Xiamaling

Formation, ferruginous depositional conditions were common
through the whole of Xiamaling Formation deposition. Thus,
moving up section, the IF of unit 5 transits rather abruptly into
the organic-poor (0.07–0.2 wt%) red–green muddy silts of unit 4
(13) (Fig. 1). The red layers of unit 4 also deposited under fer-
ruginous conditions (13), but the sediment Fe concentrations are

much lower than in the unit 5 IF (mostly <7 wt% Fe except in
the 3 m above unit 5 where they reach 13.7 wt%; ref. 13).
Therefore, we can speculate that water-column Fe(II) concen-
trations were also much lower during unit 4 deposition. In any
case, it appears that ferruginous conditions continued after the
transition from unit 5 to 4, but unit 4 represents a very different
depositional environment that we have previously interpreted as a
low-productivity ferruginous oxygen-minimum zone (13). Ferru-
ginous conditions may have also dominated the oxygen-minimum
zone recorded in unit 3 (13, 72) as well as the lower part of unit 2
(13). Overall, ferruginous conditions were common during
Xiamaling Formation deposition, but only in unit 5 were Fe
deposition rates high enough to form an IF of substantial
proportions—indeed, larger than anything else known in the
Mesoproterozoic Era.
As noted above, IF deposition in unit 5 has been spurred by an

enhanced hydrothermal Fe source, but we cannot rule out other
possibilities. For example, an enhanced Fe flux could have ac-
companied high rates of upwelling of Fe(II)-containing waters,
or, alternatively, an enhanced sediment source of Fe(II), possibly
related to reduced seawater sulfate concentrations (37). With the
present evidence, we cannot be sure.

Fe Cycling
From both petrographic observations (Fig. 3 E–H) and XRD
results (Fig. S5), the iron oxide content of the upper iron-
enriched layers of unit 5 is extremely low. Thus, by far most of
the enriched iron was present as siderite or as iron-silicate phases
in the clastic-rich intervals (Fig. 3E). The carbonate associated
with the siderite is highly depleted in 13C, with δ13C values
ranging from approximately −8 to −28‰ (Fig. 6). These values,
especially the lighter ones, are extremely depleted, even com-
pared with other siderite IFs, where siderites from the late
Archean Transvaal Supergroup, South Africa have minimum
values of −12 to −15‰ (47, 81, 82), as do siderites from the
similarly aged Brockman Iron Formation, Hamersley Basin,
Australia (83).
All of these isotopically depleted siderites, including those

from the Archean Eon, can be explained by the incorporation of
carbonate produced from organic matter respiration, as organic
matter is also 13C-depleted (43, 47, 81, 82). Since IFs typically
contain little sulfide, and thus show little evidence for significant
sulfate reduction, Fe oxides are considered the most likely elec-
tron acceptor for organic matter respiration (43, 82, 83), although
methanogenesis has also been proposed (24). It has been argued
that during Fe reduction (Eq. 1), 18O-depleted oxygen from the
iron oxides can be transferred to the carbonate being produced,
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generating 18O-depleted siderites whose isotopic composition
generally follows that of the carbonate carbon (82). Such a trend
was seen in Archean siderite BIFs (82), and is also seen in unit
5 of the Xiamaling Formation (Fig. 6).
With these processes in mind, a general cartoon of the Fe and

carbon cycles in the Xiamaling IF is presented in Fig. 7. Iron
oxides can form either through the oxidation of dissolved Fe2+ at
the chemocline with oxygen (Eq. 2) or from anoxygenic photo-
synthesis (Eq. 3).

4FeðOHÞ3 +CH2O+ 7H+ → 10H2O+ 4Fe2+ +HCO3
−. [1]

10H2O+ 4Fe2+ +O2 → 4FeðOHÞ3 + 8H+. [2]

10H2O+ 4Fe2+ +HCO3
− → 4FeðOHÞ3 +CH2O+ 7H+. [3]

HCO3
− +H+ →CH2O+O2. [4]

4Fe2+ + 4HCO3
− → 4FeCO3 + 4H+. [5]

If the oxygen used to oxidize Fe(II) (Eq. 2) is derived from
oxygenic photosynthesis (Eq. 4) in the upper water column, then
Eqs. 2 and 4 add to give Eq. 3, where the expected ratio of
Fe(OH)3/CH2O delivered from the chemocline is 4/1 (43, 82).
If this organic matter is effectively reduced again by Fe reduction
(Eq. 1), then 4 moles of Fe(II) are produced for each mole of
HCO3

− generated from organic matter oxidation. If all of the Fe
(II) is precipitated as siderite (Eq. 5), then only one of the
4 moles of Fe(II) from Fe reduction can be precipitated from
organic matter-derived HCO3

− (82), and the remaining HCO3
−

must come from the general marine reservoir (82). Such a dis-
tribution of HCO3

− sources has isotopic consequences, especially
if siderite precipitation occurs in the sediments where the 13C-
depleted HCO3

− (derived from organic-matter mineralization)
can accumulate (Fig. 8) (43, 82).
Thus, assuming δ13C values of 0‰ for seawater HCO3

− (82)
and −32‰ for organic matter-derived HCO3

− (the same as the
kerogen; Fig. 6), then a δ13C of −8‰ (3/4 × 0‰ + 1/4 × −32‰ =
8‰) would be consistent with siderite deposition resulting from
a balanced organic matter–iron cycle as depicted above (82). The
Xiamaling Formation siderites are much more 13C-depleted than
this, demonstrating a much larger contribution of organic matter-
derived HCO3

− to the carbonates than expected from a simple iron
cycle generating siderite Fe(II) in a 4/1 ratio to organic carbon

mineralization (Fig. 8). There are at least two ways to explain this
discrepancy, assuming that most of the siderite precipitation took
place in the sediments where respiration products accumulate,
generating the most 13C-depleted bicarbonate (outlined ge-
nerically in Fig. 8). In the first way, the flux ratio of Fe oxides to
organic matter to the sediments could have been near 4/1, but a
substantial portion of the Fe(II) produced during iron reduction
was not retained in the sediment as siderite, but rather was re-
cycled back to the water column, thus reducing the amount of Fe
(II) available for siderite precipitation (82). This also requires,
however, that a relatively high proportion of the bicarbonate
produced during Fe reduction was precipitated and retained as
in the sediment. A second way exists if there was a substantial
flux of organic matter to the sediments uncoupled from the Fe(OH)3
flux, providing a settling flux of Fe oxides to organic matter in
ratio much less than 4/1. For this to work, anoxygenic photo-
synthesis would be only a secondary source of organic matter to
the sediments. Furthermore, the oxygen produced by oxygenic
photosynthesis could not have reacted with Fe(II) in proportion to
the settling organic matter flux as explained above, implying a net
flux of O2 to the atmosphere or O2 reaction with reduced species
other than Fe(II).
Both explanations would provide a higher proportion of or-

ganic matter-derived HCO3
− to precipitate with siderite than

expected by a balanced Fe cycle with an Fe oxide to organic
matter flux of 4/1 as described above, and thereby generating the
highly 13C-depleted values we observe. We prefer, however, the
first explanation. In this case, sufficient Fe oxides would have
been delivered to the sediment to drive organic matter oxidation,
by Fe reduction, to the low organic matter concentrations we
observe (Fig. 5). But, diffusive loss of Fe(II) from the sediment
would have limited the amount of siderite that formed, thus
allowing higher proportions of 13C-depleted diagenetic carbonate
to precipitate as siderite. The second explanation can produce
highly 13C-depleted carbonates due to the overabundance of or-
ganic matter, but would also be expected to produce elevated or-
ganic carbon concentrations that we do not observe (Fig. 5). Other
organic matter mineralization processes such as methanogenesis
could have reduced the organic carbon concentrations below what
would be expected from Fe reduction alone. Methanogenesis,
however, is not very efficient in organic matter mineralization (76)
and thus unlikely to have played a large role in influencing organic
matter concentrations in these sediments.
Thus, while we prefer an explanation favoring a near 4/1 flux

ratio of Fe oxides to organic matter to unit 5 sediments, was
anoxygenic photosynthesis responsible for generating this flux
ratio? As described above, this observation would be consistent
with the presence of TMAIs in the sediments and a primary
anoxygenic photosynthetic source for Fe oxides and organic
matter. However, the concentrations of TMAIs are low, and, also,
the δ13C of the organic matter (Fig. 6) is much more depleted than
the −10 to −15‰ as might be expected from anoxygenic pho-
tosynthesis by GSBs alone (76, 84).
Therefore, we suggest a scenario where the fluxes of organic

matter and Fe oxides to the sediments were not all directly
coupled through anoxygenic photosynthesis. Our observations on
the nature of the Fe enrichments show that enhanced Fe de-
position was not continuous, but periodic (Fig. 4 and Fig. S1). If
enhanced Fe deposition is related to upwelling, for example,
then both the nutrients driving primary production by oxygenic
photosynthesis and the Fe(II) supplied for Fe deposition could
be delivered simultaneously from Fe(II) and nutrient-enriched
deep waters, and primary production might be concentrated
at the chemocline. In this scenario, a major proportion of the
oxygen produced during oxygenic photosynthesis reacted with
Fe(II) at the chemocline, coupling the depositional flux of Fe and
organic matter. We emphasize, however, that while oxygenic
photosynthesis coupled with aerobic Fe(II) oxidation could explain
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Fig. 7. Cartoon illustrating the Fe cycle active during deposition of the IFs in
the Xiamaling Formation unit 5. Shown are the microbial and biological
processes active in the water column and in the sediments. Also shown is a
sketch demonstrating how the δ13C of HCO3

− may have developed in the
water column and in the pore waters relative to the δ13C of organic matter
(kerogen) and the δ13C of the siderites preserved in the IF.
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our geochemical results, it requires a long-term coupling between
the settling fluxes of iron oxides and organic matter to a 4/1 ratio.
We have suggested a coupling through upwelling events, but
overall, the processes driving the coupling between the Fe
oxide and organic matter fluxes are not clear.
Different clues as to the coupling between the carbon and iron

cycles come from relationships between total organic carbon
content (TOC), Fe, and the hydrogen index (HI), where HI is
an indicator of organic matter preservation (85–87). Typically,
in sediments of low maturity, TOC and HI show a positive
(although not necessarily linear) relationship, where low-TOC
samples generally have low HI values. Such samples are usually
viewed to have undergone more extensive degradation during
diagenesis than high-TOC, high-HI samples (e.g., refs. 85, 87,
and 88). We observed the typical pattern between TOC and HI
in the relatively low-Fe (<10 wt% Fe) sediments of unit 5 (Fig.
8B). Remarkably, the high-Fe sediments (>10 wt% Fe) showed
an opposite trend (Fig. 8B), where HI decreased with increasing
concentrations of TOC. We are unaware of any other sediments
showing such a trend. We are confident that this trend does not
reflect carbonate interferences during Rock-Eval determination
of HI, as carbonates should not interfere with S2 peak from
which HI is calculated (see further details in SI Materials and
Methods). We also observed a strong inverse correlation between
HI and Fe content (Fig. 8C), suggesting that the organic matter
became more decomposed as Fe concentration increased. This
relationship does not likely reflect differences in organic matter
source, as neither the δ13C nor δ15N of kerogen correlate with Fe
content, nor does Tmax (Fig. 8D). We note that Tmax is highly
variable in the unit, and this variability could reflect contributions of
organic matter from mass flow events. The variability, however, is
independent of Fe concentration and seems to influence all sedi-
ments equally, regardless of Fe concentration.
The relationship between Fe abundance and HI, therefore,

does not likely result from a different source of degraded organic
matter to the Fe-enriched sediments and is more likely a product
of early diagenesis. The low values of HI at high Fe concentra-
tions would suggest that Fe reduction can be extremely efficient
in organic matter oxidation—indeed, as efficient as oxic respi-
ration when the Fe oxides are supplied in sufficient quantities.
Several studies have shown that extensive oxic respiration sub-
stantially reduces organic matter preservation, generating sedi-
ments with low HI (e.g., refs. 13 and 88–90), whereas the
documentation of such extensive carbon mineralization during
Fe reduction is lacking. We do note, however, that when Fe
oxides are relatively abundant, Fe reduction, accompanied by the
related processes of organic matter hydrolysis and fermentation,
can be the dominant pathway of anaerobic mineralization in
modern marine sediments (91, 92). Furthermore, fresh Fe oxy-
hydroxides, of the type produced during Fe2+ oxidation at neutral
pH (21, 93), should be the most reactive phases driving microbial
dissimilatory Fe reduction (76, 94). We add that the populations of
microbes responsible for Fe reduction can seemingly oxidize a wide
range of organic compounds, including aromatics and hydrocarbons
not normally thought to be accessible to anaerobic metabolism (95).
Finally, ref. 43 has calculated that, although the organic carbon
content of Archean BIFs is low (typically 0.01–0.1 wt%), from mass
balance considerations, the original TOC content was as high as 1–
10 wt%. If correct, these results also point to substantial organic
matter mineralization under the ferruginous conditions of late
Archean BIFs.

Final Remarks
We report here on an ∼1,400-Ma IF of substantial size within the
Xiamaling Formation of the North China Craton. This IF is not
well laminated and thus not a BIF, but it nonetheless bears
similarities to well-known late-Archean siderite-facies BIFs from
South Africa and Australia. In particular, the Xiamaling Formation
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IF displays an active iron cycle where iron oxides were deposited
together with organic matter and where virtually all of the iron
oxides were subsequently reduced during microbial dissimilatory
iron reduction. This process of iron reduction appears to have
been of similar efficiency to oxic respiration, degrading the organic
matter to a poor state of preservation. Such an efficient anaerobic
iron cycle has been inferred, but not demonstrated, for BIFs of the
Archean Eon. We also found a role for anoxygenic photosynthesis
in iron oxide production at the chemocline, but it is unclear
whether anoxygenic photosynthesis was the dominant mode of
Fe(II) oxidation and subsequent source of iron oxide and organic
matter delivery from the chemocline to the sediments.
Overall, we show that substantial IFs did form during the

Mesoproterozoic Era. Such Mesoproterozoic-aged IFs did not,
however, seem to have been common. The oceans during this
time in Earth history supported a mix of sulfidic, ferruginous,
and even oxic conditions (10, 11, 13, 14, 17, 96). The distribution
of these conditions is uncertain, but a statistical treatment of the
available Fe speciation data suggests that euxinic conditions were
relatively common during the Mesoproterozoic Era (96). Euxinic
conditions provide a strong sink for Fe(II), potentially reducing
Fe(II) availability compared with the Archean Eon and the Early
Paleoproterozoic Era, where, due to a low-oxygen atmosphere,
sulfate was less available from weathering on land to drive sul-
fide production by sulfate reduction (6, 97). With less sulfide
available, marine-dissolved Fe2+ concentrations were likely much
higher, allowing more IF deposition (37).
Still, occasionally, such as recorded in the Xiamaling Forma-

tion, geochemical conditions (with perhaps hydrothermal Fe
input) conspired to allow substantial IF deposition, even during
times when sulfide was generally more common, and Fe2+ rela-
tively less so. Overall, the Xiamaling Formation IF helps fill one

of the longest gaps in Earth history where IFs were thought
absent from the geologic record and provides an unprecedented
view of the dynamics of Fe cycling in IF formation.

Materials and Methods
Samples for geochemical analysis were obtained from fresh drill core, with
freshwater usedas the drilling fluid tominimize contamination. High-resolution
scanning of an IF section was conducted by using an ITRAX μXRF core scanner
(COX Analytical Systems 2011). Major element analysis was performed with
μXRF (PW2404; Philips Electronics), while trace metal concentrations were
determined with an inductively coupled plasma mass spectrometer (Finnigan
MAT, Element I). XRD analysis was performed with a Rigaku MiniFlex X-ray
diffractometer using a 600 W Cu-kα source. TOC concentrations were mea-
sured both with a LECO CS-230HC carbon–sulfur analyzer and through Rock
Eval pyrolysis, from which data for HI was also obtained. Kerogen was
concentrated from HCl- and HF-treated samples, and the C and N isotopic
composition of these samples, as well as the isotopic composition of C and
O in carbonates, was determined by mass spectrometry with either a Delta
V Advantage mass spectrometer (Thermo Scientific) or a Finnigan Mat-252
mass spectrometer (Thermo Scientific). Hydrocarbons for biomarker analysis
were extracted from fresh core material, and in some samples, both inside
and outside pieces of core were extracted. See SI Materials and Methods for a
full description of the methods.
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