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Supplementary Materials and Methods 
Petrography and microscopy 
Field work on Cryogenian iron formations and associated glacial successions was conducted in nine study 
areas on three continents. Multiple stratigraphic sections were measured at each locality for facies analysis 
and sample collection. Iron formation samples were collected from surface outcrop from the Chuos 
Formation in central and northern Namibia (n = 22), the Yudnamutana Subgroup of South Australia (n = 
52) and the Kingston Peak Formation in the Death Valley and Kingston Range regions of California (n = 
59) for petrographic and geochemical analysis. Samples with joints, veins or excess weathering were 
avoided in order to best target the primary, least-altered chemical sediment. 

 
In situ elemental analyses 
All samples were prepared as polished thick (~100 μm) thin sections and petrographically analyzed using 
reflected light microscopy as well as scanning electron microscopy (SEM) carried out on a Philips FEI 
XL30 environmental SEM at the School of Earth Sciences (University of Melbourne). Following 
petrographic analysis, samples were selected for spatially resolved in situ geochemical analyses (Chuos 
Formation n = 18; Yudnamutana Subgroup n = 48; Kingston Peak Formation n = 27). The most pristine 
spots were selected for in situ analysis using reflected light microscopy, with multiple spots selected for 
each sample (Chuos Formation n = 56; Yudnamutana Subgroup n = 184; Kingston Peak Formation n = 92).  

Electron microprobe analyses were performed at the School of Earth Sciences (University of 
Melbourne) using a Cameca SX50 Electron Microprobe, with an accelerating voltage of 15 kV, beam 
current of 35 nA, spot size of 25 μm and a count time of 80 s. Limits of detection were generally better than 
0.05 elemental wt. % for all elements analyzed. Reference materials MGOX, ALOX, WOL9 and HEM6 
were used as calibration standards. 

The same spots analyzed by the electron microprobe were analyzed for trace element contents using 
laser ablation-inductively coupled plasma-mass spectrometry (LA-ICP-MS). Analyses were carried out on 
a Helex 193 nm ArF excimer laser ablation system connected to an Agilent 7700X quadrupole ICP-MS as 
the School of Earth Sciences (University of Melbourne). Operating conditions included a source sample 
rate of 1.7 Hz, an ablation time of 60 s and a 72 μm spot size. United States Geological Survey international 
standards BCR-2 and BHVO-2, and National Institute of Standards standard reference material NIST612, 
were analyzed regularly throughout the sequence. LA-ICP-MS data was reduced using Iolite Software (1) 
following the Trace Elements Scheme (2). Silicon and iron elemental values, determined via electron 
microprobe analysis, were used as an internal standard depending on which was in greater abundance for 
each spot analysis. For REEY analysis, data was normalized to upper continental crust (UCC) using values 
from Queensland Mud (MuQ; Kamber et al. 3). 

 
Bulk rock elemental analyses 
All samples (n = 133) were cut to remove all weathered surfaces, and all cut faces were subsequently 
cleaned with carborundum paper to avoid contamination from the rock saw. Cut samples were crushed to 
gravel size using a rock hammer, using a thick paper towel to avoid direct contact between metal surfaces 
and the samples, and crushed to a fine (<5 μm) powder using an agate ring mill.  

For bulk rock elemental analysis, powders from the Chuos Formation (n = 22), Yudnamutana 
Subgroup (n = 8) and the Kingston Peak Formation (n = 59) samples were prepared as fused glass discs 
using a mixed lithium metaborate/tetraborate flux and analyzed using a SPECTRO Xepos Energy 
Dispersive X-ray fluorescence (XRF) spectrometer at the School of Earth Sciences (University of 
Melbourne). A range of internationally certified reference materials were used for analytical calibration. 
Powders from Yudnamutana Subgroup (n = 52) and Kingston Peak Formation (n = 59) samples were 
weighed and digested in a two-step (concentrated HF-HNO3 and HNO3-HCl) method for total digest. Splits 
from each sample solution were analyzed for major and trace element concentrations using a 
ThermoFinnegan Scientific Element XR inductively coupled plasma-mass spectrometer (ICP-MS) at the 
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Yale Metal Geochemistry Center. Elemental precision was better than 5% for duplicate geostandards 
(BHVO). 

 
Bulk rock Fe isotope analyses 
Iron isotope compositions are reported using conventional delta notation relative to the IRMM-14 standard:  

δ"#Fe(‰) =	 +
(	"#Fe/	"-Fe)./0123
(	"#Fe/	"-Fe)456678-

− 1; × 1000	 

Samples from the Yudnamutana Subgroup (n = 33) and the Kingston Peak Formation (n = 29) were 
selected for Fe isotope analysis and purified using ion-exchange chromatography with AG MP-1 M resin 
(methods modified from 4). For mass spectrometry, we followed the methods of Busigny et al. (5), with 
minor modifications. We used a CETAC AridusII desolvating nebulizer and introduced a 1 ppm purified 
Fe solution. Iron isotope measurements were made on a ThermoFisher Scientific Neptune Plus Multi-
Collector ICP-MS at the Yale Metal Geochemistry Center. The analytical blank was always below 35 ng 
Fe and represented an insignificant portion of the processed Fe. Therefore, no blank corrections were made. 
Fe isotope results were bracketed by, and reported relative to, the IRMM-14 standard. Average sample 
standard error (2SE) was 0.027 ‰ (SI Appendix, Data S1). Full protocol error, based on duplicate samples 
and processed IRMM-14 standards, was better than 0.1 ‰. The geostandards BHVO-2 (0.11 ‰ ± 0.15 2 
standard deviation; 2SD, n = 6) and NOD-A-1 (-0.41 ‰ ± 0.14 2SD, n = 3) were measured throughout the 
run and are comparable to published values for BHVO-2 (0.13 ‰ ± 0.02 2SD; 6) and NOD-A-1 (-0.42 ‰ 
± 0.07 2SD; 7). Sample yields were generally greater than 97 %.  

Samples from the Chuos Formation (n = 37), Yudnamutana Subgroup (n = 7) and Kingston Peak 
Formation (n = 1) were selected for Fe isotope analysis conducted at the State Key Laboratory for Mineral 
Deposit Research (Nanjing University). Iron isotope ratios were measured using a Thermo Fisher Scientific 
Neptune Plus Multi-Collector ICP-MS at the State Key Laboratory for Mineral Deposit Research (Nanjing 
University); details of the analytical procedures can be found in Du et al. (8) and Ye et al. (9). Iron was 
purified using ion exchange chromatography and the recovery of Fe was greater than 95 %. The typical 
internal precision (2SE) was better than ± 0.03 ‰ for 56Fe/54Fe. The long-term external reproducibility 
(2SD) of Fe isotope analysis is better than ± 0.06 ‰ for 56Fe/54Fe and ± 0.16‰ for 57Fe/54Fe, based on 
repeat analysis of multiple Fe isotope standard solutions against in-house stock solutions. The measured 
δ56Fe values of two ultrapure Fe solutions from University of Wisconsin-Madison, J-M Fe and HPS Fe, are 
0.31 ± 0.03 ‰ (n = 6, 2SD) and 0.59 ± 0.02 ‰ (n = 6, 2SD), respectively, which are in excellent agreement 
with the recommended values (10). In addition, the measured Fe isotope compositions of the international 
whole-rock standards BHVO-2 (δ56Fe = 0.09 ± 0.01 ‰, n = 3), BCR-2 (δ56Fe = 0.06 ± 0.01 ‰, n = 3), 
DNC-1a (δ56Fe = 0.04 ± 0.02 ‰, n = 3), DTS-2b (δ56Fe = 0.03 ± 0.04 ‰, n = 3) and BIR-1a (δ56Fe = 0.11 
± 0.04 ‰, n = 3), are all consistent with the recommended values (11) within analytical uncertainties. 
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Supplementary Information Text 
Geological setting 
The study localities of Cryogenian IF-bearing glacial successions were chosen based upon a number of 
factors, including exceptional preservation of Cryogenian glacial successions, clear sedimentological and 
stratigraphic constraints on the depositional setting, and the presence of IFs and other ferruginous 
lithologies throughout the sedimentary package. Nine localities were selected as case studies on three 
separate Cryogenian formations: four study areas on the Chuos Formation of northern Namibia, three study 
areas of the Yudnamutana Subgroup, South Australia, and two study areas of the Kingston Peak Formation, 
California. 
 
Chuos Formation 
The Chuos Formation (12) outcrops throughout central and northern Namibia (Fig. S1A) and comprises a 
glacially influenced sedimentary succession correlated to the Sturtian glaciation (13, 14), which is 
considered to have occurred 717–660 Ma (15, 16). The underlying volcanics of the Naauwpoort Formation 
have yielded a zircon U-Pb isotope dilution-thermal ionization mass spectrometry (ID-TIMS) age of 746 ± 
2 Ma (17). The Chuos Formation accumulated in a series of marine rift basins during the rifting of Rodinia 
(18), and locally exceeds 2000 m in thickness (14). One locality in northern Namibia was studied near the 
village Okavare (Fig. S1B). Three localities in central Namibia were also studied: Mitten Fold near the 
village Orusewa, south of the Fransfontein Ridge, and at the Rondehoek Fold on the farm Lowenfontein 
(Fig. S1C-E).  

In central Namibia, the Chuos Formation is part of the Swakop Group. Here the Chuos Formation is 
bounded at each study locality by unconformities that likely represent a significant time gap, and overlain 
by Ediacaran carbonates. In northern Namibia, the Chuos Formation is part of the correlative Otavi Group 
and in the study area unconformably overlies the Ombombo Subgroup and is overlain by the postglacial 
carbonates of the Rasthof Formation, considered to be the Sturtian cap carbonate (19). The Neoproterozoic 
strata of Namibia were deformed during the ca. 580 Ma Damaran Orogeny which formed a series of Pan-
African orogenic belts (20). These orogenic belts include the Damara Belt of central Namibia, the Kaoko 
Belt to the northwest and the Gariep Belt of southern Namibia (18). The Northern Margin Zone of the 
Damara Belt and the Northern Platform of the Kaoko Belt are collectively referred to as the Otavi Fold Belt 
(21).  

In the study areas the Chuos Formation has experienced low-mid greenschist facies metamorphism, 
with magnetite replacing hematite in some of the IFs (22). As a result, the dominant Fe-bearing phase in 
the Chuos IF is porphyroblastic magnetite which can be seen to be locally replacing microcrystalline 
hematite (22). The similarity of the geochemical profile of the magnetite versus the hematite in the Chuos 
IFs suggests that this transformation is mostly isochemical, as documented in an in situ trace element study 
of other Neoproterozoic IFs (23). Chert is also abundant in the Chuos IFs, with minor siderite, apatite, 
dolomite and detrital quartz grains also present. Bedded chert and jaspilite are also present in the Chuos IF. 
A detailed lithological description can be found in Lechte et al. (22). 

 
Yudnamutana Subgroup 
The Yudnamutana Subgroup is the Sturtian glacial succession (24) of the Adelaide Fold Belt of South 
Australia (Fig. S4A), of which the IF-bearing middle formation is referred to as the Holowilena Ironstone 
(25). A U-Pb zircon chemical abrasion ID-TIMS age of 663 ± 0.1 Ma from a tuff horizon in the uppermost 
Yudnamutana Subgroup constraints the timing of the end of glacial deposition (26). The Yudnamutana 
Subgroup is interpreted to have been deposited in the marine rift complex of the Barratta Trough during the 
break-up of the Rodinia supercontinent (27). Three localities were chosen for in-depth stratigraphic and 
sedimentological analysis: Oraparinna in the Ikara-Flinders Ranges, Willippa (east of Hawker), and 
Holowilena South (east of Craddock; Fig. S4B-D). 

The basal formation of the Yudnamutana Subgroup in the study areas is the Pualco Tillite, which 
unconformably overlies the Burra Group and is considered to represent the onset of glaciation (28). Locally, 
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the Pualco Tillite is overlain by the Holowilena Ironstone which is often lenticular and regionally 
discontinuous on the kilometer scale (29). The Holowilena Ironstone is overlain by the Wilyerpa Formation, 
a thick (<2000 m) glaciogenic succession of siltstone, dolomite and diamictite with abundant ice-rafted 
debris (29, 30) that comprises the terminal Yudnamutana Subgroup. The Yudnamutana Subgroup is 
overlain by the Tindelpina Shale Member of the Tapley Hill Formation, considered to be the Sturtian cap 
carbonate equivalent (31) recording the onset of postglacial sedimentation (32). In the Oraparinna area, the 
Yudnamutana Subgroup is in faulted contact with a dolomitic breccia, likely brecciated carbonates of 
Callanna Beds uplifted by diapiric activity. The Neoproterozoic–Cambrian strata of South Australia were 
deformed to form the Adelaide Fold Belt during the Cambrian–Ordovician Delamerian Orogeny (33). 

The Yudnamutana IFs are predominantly composed of fine-grained (~5 μm) hematite and 
microcrystalline quartz, with minor clay minerals, quartz and feldspar grains. The majority of these IFs are 
finely laminated ferhythmite (sensu Beukes and Gutzmer; 34), although mesobanded jaspilite is also present 
(29). Although the correlative Braemar Ironstone of the central Flinders Ranges features a metamorphic 
overprint of porphyroblastic magnetite (35), the Holowilena Ironstone is well preserved and has 
experienced negligible to sub-greenschist facies metamorphism in the study areas. A full description of the 
mineralogy, sedimentology and stratigraphy of the Holowilena Ironstone can be found in Lechte and 
Wallace (29). 

 
Kingston Peak Formation 
The Kingston Peak Formation (36) represents the entire Cryogenian stratigraphy of the Death Valley region, 
California (Fig. S7A). The Kingston Peak Formation is the uppermost formation of the Stenian–Cryogenian 
Pahrump Group, and overlies the Tonian Beck Spring Dolomite. Two study areas were selected in southeast 
Death Valley and the southern Kingston Range Wilderness based upon the abundance and preservation of 
IFs at these localities.   

The Kingston Peak Formation in the Death Valley region is subdivided into four members: the lower 
(KP1), middle (KP2), upper (KP3) and a localized top (KP4) member. The lowermost member of the 
Kingston Peak Formation (KP1) comprises limestones and siltstones that lack evidence of glacial activity 
and are considered pre-glacial and related to the underlying Beck Spring Dolomite (37). Members KP2 and 
KP3 are glaciogenic and typically correlated with the Sturtian glacial succession, although this correlation 
lacks robust geochronological constraints (37). There is debate regarding whether the localized top member 
(KP4) represents deposition during the Marinoan glaciation (37, 38), however, this member is not present 
in the study areas. The Noonday Formation overlies the Kingston Peak Formation in variously conformable 
and unconformable contact, and is considered to represent the Marinoan cap carbonate (38). The Death 
Valley region experienced deformation during the Mesozoic Cordilleran orogeny (39) and extension during 
the Neogene (40) that led to the regional emplacement of felsic intrusions and the establishment of the 
modern basin and range setting. 

The mineralogy of the Kingston Peak IFs is simple, consisting predominantly of hematite with minor 
clays, chert, chlorite and magnetite (41). The Kingston Peak Formation in the study areas is well preserved 
and has experienced negligible to sub-greenschist facies metamorphism (41). A comprehensive description 
of the sedimentology and stratigraphy of the Kingston Peak IFs can be found in Lechte et al. (41).  
 
Glacial systems 
Glacial sedimentology 
The interbedded glacial and marine strata in the studied Cryogenian successions are indicative of deposition 
in a glaciomarine environment, and comparisons to modern glaciomarine sediments is important for 
interpreting the paleoenvironment of these deposits. Facies variability in proglacial marine environments is 
largely controlled by the distance from the ice margin or grounding line (42-47). Although classification 
schemes vary, glaciomarine sediments can be categorized into facies that correspond to three broad 
depositional settings: ice-contact, ice-proximal and ice-distal (48).  
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Ice-contact facies sediments are deposited in terminoglacial settings (49) up to a few kilometers from 
the grounding line (49-51). This facies predominantly features massive to crudely stratified, coarse-grained 
diamictites deposited as subglacial diamict, melt-out diamict and tunnel-mouth outwash deposits close to 
meltstream exits (43, 45, 49, 52).  Subglacial diamict is typically massive and clast-rich, featuring a wide 
range of clast sizes up to boulder size (47, 52, 53).  Subglacial deformation can lead to the deposition of 
lodgement and deformation till. Glaciotectonic deformation features include soft sediment shear structures, 
rotational structures and an upwards-gradational increase in deformation due to basal shear (52, 54), with 
erosional unconformities common (43). Melt-out diamictites are poorly sorted and lack internal structure, 
often with sharp conformable contacts (42, 52, 55), and build up as morainal banks or grounding zone 
wedges (51, 56). Submarine glaciofluvial processes can also deposit gravelly sand, often with subrounded 
clasts, which can build up as grounding-line fans. Due to the high erosive power of grounded ice sheets, 
preservation potential is low in ice-contact settings (42). 

The ice-proximal facies is deposited in the proglacial marine environment (49), up to ~10 km from 
the grounding line. This represents a transitional facies between the ice-contact and ice-distal environments, 
and can feature sediments common to both settings (49). Characteristic lithologies include ice-rafted debris, 
meltwater suspension settling and mass flow resedimented deposits such as glaciogenic debris flows and 
glacioturbidites (46, 57). Proglacial fans can develop as a result of stacked outwash and debris flow 
deposits, and slump facies and other soft sediment deformation features are common under high 
accumulation rates. Graded diamictites and sandstones are more common than massive diamictites, as 
opposed to the terminoglacial environment. Subglacial deformation and lodgement till are not deposited in 
the proglacial environment. 

The ice-distal facies is deposited in the extraglacial marine environment (49), i.e. beyond the 
proglacial environment, and glacially influenced sediments may be deposited up to thousands of kilometers 
from the grounding line due to ice rafting (43, 51). In the extraglacial environment marine sedimentary 
processes dominate (42), and full-marine facies sediments are often interbedded with siltstones and 
sandstones deposited due to the settling of suspended sediment plumes and turbidity currents (43, 50). 
Coarse-grained material can be supplied via glacially influenced submarine fans (58). Glaciogenic debris 
flows can also be deposited in this setting; these tend to form blanket-like, graded diamictites or 
conglomerates that thicken in bathymetric depressions (43).  

Outsized clasts or lonestones that deflect and/or pierce underlying laminae, and feature onlapping 
overlying laminae, are interpreted as dropstones and therefore unequivocal evidence of a glacial influence 
on deposition. Iceberg rafting in modern polar environments can extend for thousands of kilometers from 
the ice margin, and ice-rafted debris can theoretically be deposited throughout all glaciomarine 
environments. However, the controls on distribution of ice-rafted debris within glaciomarine environments 
are complex (59), and the volume of debris entrained in ice shelves and icebergs can be variable. Iceberg 
jams in fjords can lead to the melting and deposition of icebergs in a more ice-proximal marine environment 
(43). Ice-rafted debris deposition in the ice-contact or ice-proximal environment is more difficult to identify 
as massive diamictites are more common in these settings, and lonestones within a massive matrix often 
cannot easily be conclusively interpreted as the product of ice-rafting. 

Glaciers in modern polar environments can produce enormous volumes of meltwater (60, 61); this 
meltwater flux plays a key role in the sedimentological and oceanographic processes occurring in 
periglacial environments (62). Subglacial meltwater is expelled into the proglacial environmental at the 
grounding line as efflux jets, depositing coarse underflows and finer sediments via the rain-out of sediment 
plumes (42). In glaciomarine settings the grain size of these jet efflux deposits generally becomes finer with 
distance from the grounding line (42), and can involve the winnowing of fines from more proximal settings. 
Climate-forced variability in meltwater supply can lead to alternating sedimentary laminations defined by 
grainsize variations known as rhythmites (63).  
 
Glacial hydrology and thermal regime 
The hydrology and thermal regime of a glacier can control the redox state of subglacial meltwaters. The 
concentration of dissolved oxygen in glacial meltwaters is a function of the oxygen contents of the 
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atmosphere, snow and ice, dissolution rates, and the availability of reductants (64-66). The effective 
drainage of oxygenated subglacial meltwaters leads to elevated dissolved oxygen concentrations in 
glaciomarine environments (67). However, prolonged water-rock interactions, such as the biotic and abiotic 
oxidation of organic carbon and sulfides beneath the ice sheet, can deplete the dissolved O2 in subglacial 
meltwaters (68, 69). In situations where meltwater drainage is distributed and inefficient and the underlying 
freshly ground substrate has an abundance of reductants (e.g. sulfides and organic matter), this can lead to 
anoxic subglacial (70) and proglacial (71) settings.  

Glacial meltwater can be produced on the ice sheet surface, at the base of the ice sheet (due to 
geothermal flux and pressure), or at the base of floating ice shelves. The drainage of this meltwater can be 
surficial (supraglacial), internal (englacial) and basal (subglacial) (72). In some settings, supraglacial 
meltwater can drain to the ice sheet base via crevasses and moulin networks (73), though this process is 
limited in thick continental ice sheets (e.g. the Antarctic Ice Sheet) where subglacial meltwater is supplied 
primarily from basal melting. In addition to subglacial basal melting, ice shelf basal melting is an important 
source of meltwater to glaciated margins (74, 75). The highest rates of basal melting are near the grounding 
line, where the ice is typically above the pressure freezing point at depth (76). The supply of subglacial 
meltwater entrains warmer seawater and leads to higher rates of sub-ice shelf basal melt (77). The drainage 
of subglacial meltwater to the proglacial setting can occur via a distributed hydraulic system of basal 
cavities, or through a channelized system (78). Distributed systems are established when meltwater supply 
is low, and channelized systems are established when high meltwater flux incises into the ice and/or 
substrate (79, 80). Channelized meltwater systems efficiently flow to the glaciomarine environment, 
discharging at the grounding line as focused meltstream exits (81). Distributed systems drain far less 
efficiently than channelized systems, leading to longer meltwater residence times (82) and possible 
subglacial anoxia.  

Controlled by air temperature, geothermal flux and pressure (ice thickness), glacier thermal regimes 
can be described as temperate (warm or wet based), cold based or polythermal (83). Wet-based glaciers 
have liquid water at their base, facilitating faster ice flow (84) and greater rates of erosion and 
sedimentation. By contrast, cold-based glaciers are frozen directly to the underlying bedrock, flowing 
primarily due to internal ice deformation and producing little basal meltwater. Antarctic continental shelves 
feature polythermal glaciers, as the base of the thick ice sheet tends to remain above the pressure melting 
point despite the extremely cold climate (85), whereas thinner snouts are cold based. Glaciomarine 
environments in Arctic fjords can be dominantly influenced by the activity of either temperature tidewater 
glaciers (e.g. Alaska) or polythermal glaciers (e.g. Svalbard; ref. 47). 

The thermal regime of a glacial system governs the hydrology and meltwater flux and is therefore a 
strong control on the sedimentary processes of glaciomarine environments (47, 86). Massive diamict and 
subaqueous debris flow deposits are present in glaciomarine environments influenced by all types of glacial 
thermal regimes but are most dominant in those associated with polythermal fjord glaciers. Temperate 
tidewater glaciers feature abundant gravelly sand deposits as they are dominated by glaciofluvial and 
meltwater outwash processes (57). By contrast, meltwater outwash deposits such as grounding-line fans are 
less abundant in polythermal continental shelf glaciers (87). In these settings massive to stratified 
diamictites are deposited due to basal melt close to the grounding line, and gravel- and sand-rich facies are 
deposited due to sub-ice shelf rain out (87, 88). These facies can be variably associated with mass flow 
sediments (deposited from bottom currents and gravity flows) and laminated marine sediments (87). 
Although ice-rafted debris can be deposited from the basal melting of floating ice shelves (88), these 
deposits are generally less abundant than those deposited from debris-laden icebergs (87-89). Expansive 
ice shelves can feature a “null zone” of low sedimentation rates beneath the ice shelf, distal from the 
grounding line and iceberg calving line where ice-rafted debris is abundant (88). Biogenic sedimentation 
dominates modern ice-distal environments due to low clastic sedimentation rates, and diatomaceous ooze 
is an important constituent of Antarctic glaciated margin sediments (90). Glacial sedimentology, and the 
relative abundance of different glacial facies, can therefore be used to interpret the thermal regime of ancient 
glaciers (47). 
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Cryogenian iron formation depositional environment 
The interpreted glacial influence on diamictite-bearing Cryogenian successions is the subject of ongoing 
debate (45, 91), with some researchers arguing that mass flow processes can explain Cryogenian diamictites 
without invoking glacial activity (92, 93). However, several studies have presented convincing 
sedimentological evidence for a glacial influence on deposition—including dropstones and striated clasts—
for the Chuos Formation (21, 22, 54, 94), Yudnamutana Subgroup (24, 29, 30, 95, 96) and Kingston Peak 
Formation (38, 41, 91, 97-99). These glacial indicators, in combination with unequivocal marine 
sedimentary rocks, have led to a general consensus that all three of these Cryogenian successions were 
deposited in a glaciomarine environment (24, 30, 97, 98, 100). We further classify the IF-bearing intervals 
of these Cryogenian successions into distinct glaciomarine sub-environments following extensive field-
based sedimentological studies of the Cryogenian stratigraphy of Namibia (22), South Australia (29) and 
California (41). The facies associations of these Cryogenian IFs varies stratigraphically and between 
outcrop belts, and each IF horizon that was sampled for analysis was classified as one of the three 
depositional settings (ice-contact, ice-proximal and ice-distal) described above. 

At Okavare, Namibia (Fig. S2), the Chuos Formation stratigraphy is a thick succession of siltstones 
with rare ice-rafted debris, with discrete packages of IF and ferruginous diamictite. Rare, channelized 
conglomerates are interpreted as tunnel outwash deposits (101). The majority of the strata at Okavare are 
interpreted to have been deposited in an ice-distal to ice-proximal environment. By contrast, at Landeck 
(Fig. S2B), Rondehoek Fold (Fig. S2C) and Mitten Fold (Fig. S2D), ferruginous diamictites are the 
dominant lithology. These clast-poor to clast-rich sandy diamictites are matrix-supported with subrounded 
clasts and are typically massive and structureless, interpreted to have been deposited as a result of ice melt-
out and subglacial outwash. Rotational structures, and elongate and fractured clasts, observed within 
diamictites are interpreted as subglacial deformation structures (22, 54). As such, much of the Chuos 
Formation strata in these areas are assigned to ice-contact to ice-proximal facies (Fig. S3). 

At Holowilena South, Australia, (Fig. S4D), the Yudnamutana Subgroup stratigraphy features thick 
(<50 m) packages of finely laminated IF interbedded with thin (<0.5 m) jaspilite beds, turbiditic sandstone 
and siltstone with unidirectional ripples. A horizon of massive, ferruginous diamictites reaches up to 20 m 
in thickness, and graded diamictites are interpreted as muddy debris flows (29). Thus, the Holowilena 
Ironstone at Holowilena South is interpreted to have been deposited in an ice-proximal (rather than ice-
contact) setting based upon the lower abundance of massive diamictites relative to resedimented deposits. 
At Oraparinna (Fig. S5), the basal Holowilena Ironstone comprises ferruginous siltstone and minor massive 
diamictite, interpreted to be the product of an ice-proximal setting. This diamictite-bearing package 
transitions into laminated ferruginous and dolomitic siltstones that feature dropstones yet lack diamictites, 
and these strata are interpreted to be ice-distal deposits. At Willippa (Fig. S6) the Holowilena Ironstone 
consists predominantly of laminated IF, jaspilite and turbiditic sandstone lacking diamictite horizons and 
is interpreted to be deposited in an ice-distal setting.  

At Sperry Wash (Fig. S7B) siltstones, sandstones and conglomerates dominate the stratigraphy, 
featuring numerous ice-rafted debris horizons. Sandstone beds typically display normal grading, soft 
sediment deformation and ripple-cross lamination typical of turbidite successions. Conglomerates are 
graded and clast-supported, with rounded to sub-angular clasts, and also feature soft sediment deformation 
indicative of a resedimented origin. These conglomerate horizons are typically conformable with the 
sandstones and siltstones, although they are locally channelized, and occasionally show broad cross 
stratification. The predominance of mass flow deposits and laminated marine sediments is indicative of an 
ice-distal setting. Similarly, in the Southern Kingston Range (Fig. S7C) the most abundant lithofacies 
present are laminated siltstones, turbiditic sandstones and graded boulder conglomerates, with minor 
massive diamictite and ice-rafted debris. We interpret the majority of the IFs in the Southern Kingston 
Range to have been deposited in an ice-distal setting, with some rare horizons associated with diamictites 
deposited in an ice-proximal setting. The entire glacially influenced succession of the Kingston Peak 
Formation exceeds ~2800 m in thickness in this area (41, 102), and the IFs exist as discrete, typically thin 
beds within a ~500 m IF-bearing horizon (41). The IF-bearing Kingston Peak Formation likely accumulated 
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within actively rifting sub-basins in an ice-distal glaciomarine environment beneath an ice shelf with 
significant sediment supply (41). 
 
Cryogenian ice sheet dynamics 
The geochemical evidence presented here necessitates the explanation of well-oxygenated ice-contact 
environments and anoxic ice-distal environments on multiple paleocontinents during the Sturtian glaciation. 
These data may be hypothetically explained by enhanced atmosphere-ocean gas exchange near the 
grounding line, requiring proximal ice-free oases (sikussaks) with distal ice cover. However, we suggest 
that the simplest explanation for these data is the proglacial outwash of oxygenated subglacial meltwaters. 
Understanding the thermal and hydrological regime of the Snowball Earth ice sheets is therefore essential 
to interpreting the paleoredox state of syn-glacial marine environments. 

All three of the studied Sturtian successions are interpreted to have accumulated in a rift basin 
tectonic setting, which complicates the interpretation of glacial sedimentary processes. There is evidence 
for synsedimentary tectonism in the study areas of the Yudnamutana Subgroup (29) and the Kingston Peak 
Formation (41), and in correlative sections in the Chuos Formation (14, 103). However, the glacial 
hydrology and thermal regime responsible for the deposition of these successions can still be inferred from 
the sedimentary record. The relative abundance of laminated siltstones and sandstones with ice-rafted debris 
in many of the measured sections, and the general paucity of glaciofluvial facies, is comparable to glacial 
successions deposited in modern polar continental shelf glaciomarine environments (47), as opposed to 
compared to those of temperate or polythermal Arctic fjord settings. Submarine glaciofluvial deposits are 
present in the Chuos Formation (channelized conglomerates) and Kingston Peak Formation (cross-
stratified, channelized sandy gravel deposits with rounded clasts), yet these facies are rare. A sub-ice shelf 
depositional setting—as indicated by the geochemical data—may also be supported by the interpretation of 
dropstone-free null zones interpreted in Chuos Formation and Yudnamutana Subgroup successions (104). 
Therefore, we suggest that the IF-bearing intervals of the Chuos Formation, Yudnamutana Subgroup and 
Kingston Peak Formation were deposited in settings most analogous to modern Antarctic glaciated margins. 

Average global surface temperatures during the Cryogenian glaciations would likely have been 
much lower than during other ice ages, as inferred by the sedimentological and paleomagnetic evidence for 
globally distributed ice sheets and equatorial glaciers at sea level (105-107). However, Earth system 
modelling approaches predict that even under extreme end-member scenarios of global ice coverage, 
average surface temperatures at low latitudes may have been comparable to those experienced in some 
modern Antarctic environments (108-110). Paleomagnetic data suggests that all three of the study 
successions were deposited at low (<30°) paleolatitudes (Fig. 1F) (106, 111), and therefore Antarctic 
glaciers may present reasonable analogues for Cryogenian low-latitude glaciers. Although much of the 
Antarctic ice sheet is cold-based, basal ice is near the pressure melting point beneath regions of thick ice 
and many glaciers are warm based or polythermal (47). Thus, it is feasible that polythermal ice sheets could 
have been widespread on the low-latitude continental fringes of Rodinia and its fragments during the 
Cryogenian glaciations. Glacial melting in these settings could be balanced by precipitation on topographic 
highs (109, 112, 113). Even in models of total ice coverage, locally high rates of sub-ice shelf basal melting 
are predicted where the upwelling of relatively warm seawater comes into contact with the ice shelf (114). 

In Antarctic glaciated margins, much of the sedimentation is deposited by fast-flowing wet-based ice 
streams feeding ice shelves in an otherwise cold-based ice sheet (115). The angular to subrounded clasts 
that typify the studied Cryogenian diamictites are consistent with basal transport by a wet-based ice stream 
(47). Evidence for glaciotectonic shearing and hydrofracturing in Chuos Formation diamictites (54) likely 
also indicate the presence of basal meltwater (52, 53). Cold-based glacial ice, despite being less erosive, is 
characterized by debris-rich basal layers due to regelation (47), whereas the basal ice in temperate thermal 
regimes tends to be debris-poor. Although tectonic mass flows can complicate the interpretation of 
glaciogenic sedimentation in active rift settings (98), thick packages of glacial sediments considered to be 
evidence of polythermal regimes are documented in many Cryogenian glacial successions globally (112), 
including the successions studied here (14, 29, 41, 98). Other evidence from the Cryogenian glacial record 
for proglacial meltwater outwash from wet-based or polythermal glaciers includes features such as ice 
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advance and retreat cycles (94, 96, 116, 117) and abundant ice-rafted debris (117-119). As such, Cryogenian 
glacial successions are consistent with wet-based or polythermal regimes (45, 47, 108, 112, 120-123), with 
sedimentation actively influenced by an abundant meltwater supply (124, 125).  

Significant volumes of subglacial meltwater are drained to the Antarctic seas (77) owing to a 
widespread and dynamic hydrological system of Antarctica (75). Antarctic subglacial lakes are connected 
through large subglacial channel networks that maintain a high degree of hydrological connectivity between 
these reservoirs and coastal discharge (126). This persistent, channelized subglacial drainage system 
effectively channels meltwater into meltstream exits at the grounding line beneath the Antarctic ice shelves 
(127). The Antarctic ice sheet is characterized by rapid drainage flood events (jökulhlaups) from subglacial 
lakes (126) superimposed over a continuous meltwater flux from geothermal and pressure-driven melting 
(60). Therefore, while the glacial hydrology, thermal regime and meltwater supply of the Cryogenian ice 
sheets would likely have been variable, we speculate that the depositional environment of the studied 
successions are supportive of a meltwater supply that fluctuated above a consistent background due to 
channelized subglacial meltwater outwash and associated sub-ice shelf basal melting. By analogy to modern 
Antarctic coastlines, we suggest that meltwater outwash would have been concentrated into embayments 
~5–15 km wide (60), helping to explain the localized nature of Cryogenian IFs. 
 
Geochemical data interpretation 
Fe and Mn geochemistry 

Iron enrichment in marine sediments can record important complexities in marine iron cycling. The 
Fe contents of the Cryogenian IFs do not correlate strongly with any other element analyzed, with the 
exception of a strong inverse correlation with Si due to the bimodal composition of these sediments 
(typically <70 % Fe2O3+SiO2). This suggests that the Fe content of the IFs is controlled by the concentration 
of Fe oxides. To account for detrital Fe input, Fe enrichment is cast in terms of Fe/Al ratios rather than bulk 
Fe contents (e.g. 5, 128), and the IFs are often orders of magnitude more enriched in Fe than Al. Iron 
speciation is a tool widely applied to marine sediments as a proxy for paleo-ocean chemistry (129-131). 
Enrichments of highly reactive Fe in marine sediments are considered to be evidence of anoxic conditions, 
with the relative proportion of highly reactive Fe present in pyrite used to distinguish between deposition 
from a euxinic (H2S > Fe2+) or ferruginous (Fe2+ > H2S) water column (132). Given that the Fe in the studied 
IFs is almost exclusively present as hematite and magnetite, and pyrite is virtually absent, these IFs indicate 
abundant iron scavenging in a ferruginous water column. This seawater Fe(II) could have accumulated 
under anoxic conditions from several different Fe sources, including hydrothermal venting, ridge 
volcanism, glacial and continental input, or seafloor alteration. The subsequent oxidation of this Fe(II) led 
to the precipitation of Fe (oxyhydr)oxides or a Fe-Si gel (e.g. 133), which would have converted to hematite 
during dehydration and silica release (e.g. 134). The presence of Cryogenian IFs is therefore prima facie 
evidence of anoxic, ferruginous seawater, and the enrichment of Fe oxides is indicative of marine oxidation 
processes. 

The presence of authigenic Mn enrichments in marine sediments can also provide insight into 
paleoredox conditions. Similar to Fe, dissolved Mn in seawater can be precipitated as Mn-oxides in the 
presence of O2 (135), which readily undergo reductive re-dissolution in the presence of Fe(II) (5). The 
sedimentary enrichment of Mn in the Precambrian geological record has been used to infer a Mn oxide 
shuttle and therefore marine oxidation (135, 136). As Mn(II) is oxidized at a higher redox potential than 
Fe(II) (135), we suggest that the ferruginous conditions of the Cryogenian acted as a buffer preventing the 
enrichment of ice-proximal and ice-distal IFs in Mn-oxides (e.g. 137). Periodic increases in the supply of 
O2 could have led to more highly oxidizing conditions in ice-contact settings that could explain the presence 
of Mn-oxides in these IFs. This interpretation is supported by the presence of manganese formations in 
other Neoproterozoic glacial successions globally (138, 139). 
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Cerium anomalies 
Unlike most REEs, Ce has two oxidation states and is sensitive to redox processes. Under oxidizing 
conditions Ce can be efficiently removed from seawater via oxidative scavenging, which is considered to 
be mediated by Mn–Fe (oxyhydr)oxides, organic ligands, clays and other reactive surfaces (140). This leads 
to a depletion in Ce in oxic seawater, represented by a negative seawater Ce anomaly (Cen/Cen* < 1) which 
can also be preserved in marine chemical sediments (141, 142). As true Ce anomalies can be masked by La 
anomalies (143), it is necessary to calculate Ce anomalies without utilizing near-neighbors that may also 
be anomalous. This approach for calculating REE anomalies is discussed in detail in Lawrence et al. (144). 
As REEY diagrams are plotted on a logarithmic scale, we calculate the UCC-normalized Ce anomaly using 
a geometric formula: 

Cen/Cen* = Cen/(Prn × (Prn / Ndn)) 
The oxidative scavenging of seawater Ce is considered to primarily occur via the sorption of Ce(III) 

onto precipitating Mn–Fe (oxyhydr)oxide surfaces and the subsequent partial oxidation of Ce(III) to 
Ce(IV), which effectively decouples Ce from the other trivalent REEs that are in exchange equilibrium with 
seawater (145, 146). This process depends on the reaction kinetics of Ce(III) oxidation and Ce(IV) 
desorption, which are relatively slow compared to REEY adsorption and desorption onto Fe (oxyhydr)oxide 
surfaces (although this reaction may be catalyzed by microbial activity; e.g. 147). Thus, the magnitude and 
direction of the Ce anomalies preserved in iron oxide-bearing chemical sediments are related to 
precipitation rates and seawater exposure time (148-150). Cenozoic ferromanganese crusts are 
characterized by positive Ce anomalies (151-154), which require significant Ce accumulation in order to 
overcome the pronounced Ce depletion of the surrounding seawater (153). This can be explained by the 
extremely low accumulation rates (~1–20 mm/Myr) of most modern ferromanganese crusts (152) due to 
the low Fe concentrations of the modern oceans. By contrast, modern hydrothermal iron oxide-rich 
sediments have much higher depositional rates (152) and much lower total REE contents than hydrogenetic 
ferromanganese crusts (151), qualitatively reflecting the REEY profile of their contemporaneous seawater 
(151, 155, 156) as exchange equilibrium with ambient seawater REEs (other than tetravalent Ce) is reached 
rapidly (151).  

Although the importance Mn oxides in Ce scavenging has long been documented (142, 157), the 
relative importance of Fe (oxyhydr)oxides in this process is debated. Experimental and geochemical 
modelling approaches have been used to suggest that the scavenging of Ce via Fe (oxyhydr)oxides is minor 
at circumneutral conditions (149, 153, 158, 159). The lack of significant positive Ce anomalies in the iron 
oxide-bearing Cryogenian IFs (and IFs in general) may therefore be explained by their higher depositional 
rates relative to modern seafloor crusts, a relatively minor influence of Fe (oxyhydr)oxides on Ce 
scavenging, a pronounced negative Ce anomaly in the water column, or a combination of these factors. 
Regardless, pure IFs are considered to qualitatively record the REEY composition of their contemporaneous 
water column (134, 142, 143, 150, 160) when detrital contamination is low, and can therefore be used as a 
proxy for seawater paleoredox state. 

Negative Ce anomalies in IFs are typically interpreted as evidence for iron cycling in oxic seawater 
(22, 23, 161, 162). True negative Ce anomalies are rare because IF abundance declines following the Great 
Oxidation Event (163), and several reported cases of negative Ce anomalies in Archean–Paleoproterozoic 
IFs have been refuted due to issues related to sampling or instrumentation (c.f. 160). The interpretation of 
negative Ce anomalies in non-skeletal carbonates as evidence of oxic conditions is well established (141, 
164, 165), and broadly contemporaneous IFs and carbonates have been shown to record qualitatively similar 
REE profiles (160, 166) as faithful records of seawater conditions. Thus, following careful screening for 
detrital contamination and late-stage alteration, negative Ce anomalies in IFs can be used to infer the 
presence of oxic seawater conditions. Negligible Ce anomalies—characteristic of Archean IFs and 
carbonates (160, 167)—are considered to indicate anoxic marine conditions (142, 160, 168). Positive Ce 
anomalies can also occur due to complexities in Ce cycling in a water column with an established redoxcline 
(160). Settling Mn–Fe (oxyhydr)oxide particles precipitated in oxic surface waters undergo reductive 
dissolution below the chemocline, releasing Ce into the anoxic waters (141, 169). Subsequent IF deposition 
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near the redoxcline can therefore preserve this local enrichment, leading to small (Cen/Cen* < ~1.3) positive 
Ce anomalies in these IFs (160).  

Accordingly, the negative Ce anomalies found Cryogenian IFs (Cen/Cen* < 0.62; mean Cen/Cen* = 
0.95, n = 41) are indicative of oxic Ce cycling at the time of deposition (e.g. 161). These negative Ce 
anomalies are most commonly found in ice-contact facies IFs, indicating more highly oxidizing conditions 
in this setting relative to more distal environments. The lack of preservation of negative anomalies in the 
majority of the ice-proximal and ice-distal facies IFs is likely due to a buffering effect of the dissolved iron 
reservoir (170). Slight positive Ce anomalies observed in some of the IFs are likely a relic of localized Ce 
enrichment due to reductive dissolution of Mn oxides in suboxic or anoxic bottom waters. The negligible 
Ce anomalies that characterize the remainder of the IFs suggest deposition from low O2 seawater (as 
suggested for correlative Cryogenian IFs; 171, 172, 173), consistent with the interpretation of widespread 
anoxia in the syn-glacial Cryogenian oceans. Mn oxides would likely have been the major marine Ce sink 
in the Cryogenian. Enigmatic, large Cryogenian-aged Mn oxide deposits of uncertain origin have been 
documented (174-178) and shown to have positive Ce anomalies (174, 175, 179). However, we speculate 
that the majority of the Mn oxides precipitated in Cryogenian oxygen oases would have generally been 
diluted by glaciomarine sedimentation, precluding appreciable enrichment. 

Compared to bulk digestion methods, in situ analyses using LA-ICP-MS allow for micron-scale 
sample targeting. Using this approach, we were able to minimize detrital contamination and target the 
primary chemical sedimentary component of samples (i.e. Fe oxides and silica) using a 72 μm spot size. 
The efficacy of this approach for avoiding detrital contamination is supported by extremely low 
concentrations of detrital proxy elements such as Al in some analyses (<1 ppm Al). Some degree of silicate 
contamination is unavoidable in some samples with fine matrix grain size, leading to flatter, shale-like 
UCC-normalized REEY profiles and higher total REE contents due to detrital REE input. Geochemical cut-
offs were implemented to minimize this effect: samples with substantial detrital contamination were 
excluded from data analysis and discussion. The cut-offs used were aluminum (Al2O3 < 1 wt %) and total 
REE content (ΣREE < 50 ppm), which are both proxies for detrital contamination. The analyses with the 
highest Al2O3 content do not have significant Ce anomalies, and the samples with the most negative and 
positive Ce anomalies typically have the lowest Al2O3, suggesting that the Ce anomalies reflect water 
column redox cycling and are not controlled by detrital contamination. The REEY composition of IFs is 
remarkably robust and resistant to alteration and metamorphism (180), making this a reliable proxy for 
paleo-seawater chemistry. The compatibility of the Ce anomalies with the other redox proxies reinforces 
the interpretation of paleoredox chemistry based on the geochemistry of these IFs (181). 
 
Iron isotope analysis 
Iron isotope fractionations observed in Fe-bearing sediments have variously been interpreted to be the 
product of partial Fe(II) oxidation due to abiotic redox reactions and biological processes (182-186). The 
oxidation of aqueous Fe(II) to Fe(III) can lead to strong fractionations and enrich the Fe(III) products in the 
heavy Fe isotopes by up to ~3–4‰ (187-189). Quantitative Fe(II) oxidation under excess O2 records the 
unfractionated Fe isotopic signature of the Fe(II) source (190). However, partial oxidation under low O2 
conditions can lead to the preservation of this fractionation in the rock record. The Fe(II) reservoir in 
Precambrian ferruginous seawater is considered to have been sourced largely from hydrothermal input and 
have δ56Fe values that approximately range from –0.5 to 0‰ (184, 191). The δ56Fe values of detrital Fe 
from glacial input is also considered to be ~0‰ (192). Positive δ56Fe values in IFs have therefore been 
interpreted as evidence for partial oxidation of Fe(II) in seawater (e.g. 193, 194, 195). 

Biological Fe(II) oxidation can also produce similar positive Fe isotope fractionations to the abiotic 
reaction of Fe(II) with  O2 (196, 197). Biological Fe(II) oxidative mechanisms include anoxygenic 
photosynthesis with Fe(II) as an electron donor (198, 199), and microbial Fe(II) oxidation coupled to O2 
reduction (200, 201) or nitrate reduction (202). The activity of photosynthethic Fe(II) oxidizing bacteria 
(185, 193) and chemolithotrophic Fe(II) oxidizing bacteria (195, 203) have both been invoked to explain 
Fe isotopic trends in Precambrian IFs. The fine lamination the Cryogenian IFs in this study, and the lack of 
shallow marine sedimentary structures of the host sedimentary strata, suggest deposition below wave base. 
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Considering also potential ice cover, low light availability likely inhibited photoferrotrophy in these settings 
(204). The presence of free oxygen could have also precluded photosynthetic Fe(II) oxidation, as 
anoxygenic photosynthetic bacteria are sensitive to oxygenated environments (205). The intracellular 
fixation of Fe-rich granules by photosynthetic diatoms has also been documented in modern acid mine 
drainage environments (206), and analogous iron sequestering photosynthetic biomats have been invoked 
to explain Cryogenian ironstones in the Chuos Formation (207). It remains unclear whether similar diatoms 
would have been living in the Cryogenian oceans, and the possible Fe isotope fractionation associated with 
this intracellular Fe sequestration is unresolved. We suggest that the Fe isotopic signatures and 
sedimentology of the Cryogenian IFs are most compatible with the non-photosynthetic, partial oxidation of 
Fe(II). This could have been facilitated by either the abiotic reaction of Fe(II) with O2 in oxygenated 
environments, or chemolithotrophic Fe(II) oxidation in microaerobic environments. Partial oxidation by 
microaerophilic Fe oxidizers was similarly postulated by Halverson et al. (171) as a plausible oxidative 
mechanism for the Sturtian glacially associated Rapitan IFs. Indeed, wherever Fe(II) and O2 coexist in 
modern aqueous environments, chemolithotrophic Fe oxidizing bacteria  proliferate (201, 208). These 
microbes would have likely thrived in Cryogenian glacial environments where meltwaters supplied O2 into 
the ferruginous seawater. 

Regardless of the exact oxidative pathway, fractionated Fe isotopic compositions in marine chemical 
sediments are evidence for low seawater oxidizing potential (191), as high O2 contents lead to quantitative 
Fe(II) oxidation. To deposit IFs that are extremely enriched in heavy Fe isotopes (δ56Fe < 2.70 ‰), such as 
the ice-distal Cryogenian IFs (Fig. 2), requires an extremely small degree of oxidation which is difficult to 
achieve in seawater. Under widespread ice cover due to a floating ice shelf or “sea glacier”, gas exchange 
between the local ice shelf water column and the atmosphere would be inhibited, with a subglacial O2 
supply facilitating partial oxidation. This interpretation is supported by the general agreement of the other 
independent paleoredox proxies for low-O2 conditions in the samples characterized by positive Fe isotopic 
ratios. 

Dissimilatory iron reduction (DIR) can produce Fe(II) depleted in heavy isotopes by up to ~3‰ (209, 
210), and DIR has been invoked to explain negative δ56Fe values in IFs and other chemical sediments such 
as Fe sulfides and Fe carbonates (184, 186, 211, 212). The quantitative oxidation of Fe(II) produced by 
DIR can lead to isotopically depleted Fe-oxides, and the supply of Fe sourced from DIR of glacially scoured 
rock flour has been documented in modern Antarctic settings (70). The predominantly positive δ56Fe values 
of the Cryogenian IFs suggests that DIR was not a strong influence on the Fe isotopic composition of the 
Fe(II) source. Although we cannot completely rule out the possibility of a DIR influence on the isotopically 
light IFs, the combination of the observed trends in Mn enrichment and REEY composition suggests the Fe 
isotopic trends can be entirely explained by changes in seawater redox state. We suggest that a Rayleigh 
fractionation model (190, 213) is a simpler and more plausible explanation for the negative δ56Fe values 
found in the ice-proximal facies IFs. The long-term removal of δ56Fe-enriched Fe(III) may have resulted in 
progressive depletion of heavy Fe isotopes in seawater Fe(II) (190, 213), and local quantitative oxidation 
of 56Fe-depleted seawater Fe(II) resulted in negative δ56Fe values of IF in ice-contact facies. 

In order to draw inferences about paleoredox conditions from Fe isotope studies it is necessary to 
ensure that the samples analyzed represent a pure chemical sediment that is representative of the 
paleoenvironmental conditions. Authigenic and diagenetic ferrous Fe phases such as siderite and pyrite can 
have depleted δ56Fe values (212, 214, 215) which can potentially act as a mineralogical control on the bulk-
rock Fe isotopic composition of IFs. Siderite and pyrite are rare in the Chuos IFs, and nearly absent in the 
Yudnamutana and Kingston Peak IFs, and these minerals were avoided during sampling and analysis. 
Detrital Fe contamination from clastic input can also influence the bulk rock Fe isotopic composition. 
Crustal igneous rocks display a very narrow range of δ56Fe values, typically ±0.05‰ (182). As such, 
contamination from detrital Fe can reduce the apparent fractionation of the bulk rock Fe isotopic signature 
of a chemical sediment. The δ56Fe isotopic composition of the IFs analyzed shows a weak correlation with 
Al2O3 content, interpreted to be a proxy for detrital contamination of the chemical sediment (170). The 
highest Al2O3 contents tend to have high δ56Fe values: this trend is difficult to explain via detrital 
contamination, which should lead to δ56Fe values closer to 0‰. Similarly, the negative δ56Fe values have 
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extremely low Al2O3 contents. This suggests that the highly variable, fractionated Fe isotopic signatures of 
these Cryogenian IFs are unlikely to be related to detrital input. Furthermore, metamorphism cannot readily 
explain the variability up-section or between different samples from the same outcrop locality (185). The 
Fe isotope fractionation and variability are instead interpreted to be reliable, primary indicators of redox 
cycling in the paleo-water column. 
 
Statistical analysis of geochemical data 
A range of statistical analyses were employed to test the hypothesis that the ice-contact glaciomarine 
environment was significantly more oxidizing than the more distal environments, following the approach 
of Sperling et al. (216). Anderson-Darling tests indicate that the Fe/Al, Mn/Al and Ce anomaly data have 
strongly skewed distributions, necessitating non-parametric statistical analyses. Analysis of variance (one-
way ANOVA and Kruskal-Wallis) methods were used to query whether the generated IF geochemical data 
from the three different glaciomarine environment bins had a common mean. Pairwise multiple 
comparisons (Tukey’s honest significant difference and Wilcoxon tests) were then used to identify which 
bins were statistically significant. The results of these analyses (Fig. S10; SI Appendix Data S1) show that 
the ice-contact IF data is significantly different to the ice-proximal and ice-distal IF data for all geochemical 
proxies. For the Ce anomalies, the post-hoc Tukey’s honest significant difference method suggests that the 
ice-contact and ice-proximal IFs have a common mean. However, a pairwise Wilcoxon test indicates that 
they are statistically significant (p = 0.0258), which should be considered more robust due to the non-
normal data distribution of the ice-proximal data. The distributions of the ice-proximal and ice-distal data 
for the Mn/Al ratios and Ce anomalies are not significantly different. We suggest that these results are a 
product of the different sensitivities of the paleoredox proxies. Overall, statistical analyses support the 
hypothesis that the ice-contact environment remained persistently oxidizing. 
 
Cryogenian geobiology 
The extreme climate fluctuations of the Cryogenian would have had a drastic effect on the Neoproterozoic 
biosphere (217, 218), and both mass extinctions (219, 220) and increases in ecological complexity (107, 
221-224) have been theorized to have resulted from the Cryogenian glaciations. End member models for 
total ice cover during Snowball Earth are so severe that they present problems for eukaryotic survival (218, 
225-228). Recent advances in paleontology, molecular biology and phylogenetics have added valuable 
insight into our understanding of the Cryogenian biosphere. Given the drastic effect that the Snowball Earth 
would have had on the eukaryotic biosphere, it is worthwhile reviewing the evidence from the geological 
record in order to gain insight into the types of organisms that may have lived in the Cryogenian oceans. 

Key eukaryotic lineages diversified during the late Mesoproterozoic to middle Neoproterozoic (229-
232), and molecular clock analyses suggest that many of the major eukaryotic clades had evolved prior to 
the Marinoan, if not the Sturtian, glaciations (233-235). The fossil record supports the evolution of the 
Archaeplastida, Opisthokonta and Amoebozoa prior to the Cryogenian, as fossils plausibly interpreted as 
fungi (236), red algae (237, 238), green algae (239) and arcellinid testate amoebae (240-242) predate the 
Cryogenian Period. The diverse vase-shaped microfossils from the Tonian Period generally interpreted as 
arcellinid testate amoebae (Amoebozoa; 240, 241) have also been previously compared to modern 
euglyphid testate amoebae (i.e. Rhizaria; 243), although this interpretation has recently fallen out of favor 
(244, 245). Other enigmatic protistan forms reported from Tonian and Cryogenian strata have been 
tentatively interpreted as foraminifera (246), ciliates (247, 248), and other forms of arcellinid testate 
amoebae (248, 249). Cryogenian macrofossils have also been interpreted as algae (250). The geochemical 
and biomarker record suggests that eukaryotes became the dominant primary producers during this time 
(224, 251). Fossil evidence for enigmatic, complex eukaryotic macrofossils (252) and biological 
innovations such as cell differentiation (253); biomineralization (254); heterocysts (255); and eukaryovory 
(256) clearly demonstrates increasing ecosystem complexity in the early Neoproterozoic. 

Many molecular clocks estimate that the divergence of animals occurred during the Tonian or 
Cryogenian (233, 257, 258). No unequivocal metazoan fossils have been identified in Cryogenian or older 
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strata. Bilaterian fossils from ca. 560 Ma strata (259, 260) and associated cholesteroid biomarkers (261) 
therefore provide the oldest widely accepted direct evidence for animal life. However, rare candidates for 
Cryogenian animal fossils have been proposed. These include macroscopic discoidal structures in the 
Cryogenian postglacial strata of northwestern Canada (262). Although the affinity of these fossils is 
uncertain, the so-called “Twitya discs” have been interpreted to represent stem-group cnidarians (262), or 
the holdfast structures of rangeomorphs (263) or their primitive ancestors (264). Alternatively, these 
discoidal structures may simply represent fossil colonial microbes (265) or abiological sedimentary 
structures. Sponge body fossils have been interpreted in Tonian and Cryogenian strata (266-268), however, 
these interpretations are controversial and have received little support (269-271). 

Other purported evidence supporting the existence of animals in the Cryogenian comes from the 
biomarker record. Cryogenian-aged rocks from Oman, interpreted to have been deposited between the 
Sturtian and Marinoan glaciations, contain the fossilized remains of sterols that in modern ecosystems are 
produced in abundance by demosponges (272, 273). Given that demosponges are a derived clade of the 
Porifera, these findings have been suggested to imply that sponges had evolved by the Cryogenian and 
likely survived in marine environments during the Sturtian glaciation (260, 272). However, ambiguity in 
the age of these Cryogenian biomarkers remains, and given that they pre-date the oldest unequivocal fossil 
evidence for demosponges by ca. 100 Ma, their significance is uncertain (274). Furthermore, precursors 
molecules to these steranes can also be produced by unicellular rhizarians questioning the efficacy of these 
steranes as sponge biomarkers (275). It should be noted that rhizarians are near-exclusively obligate 
aerobes, and thus their survival in the Cryogenian syn-glacial oceans may also necessitate oxic habitats, 
although the pre-Cryogenian fossil record of rhizarians is also ambiguous. Another, more enigmatic sterane 
biomarker of unknown origin known as “cryostane” found in pre-Sturtian rocks lends some support to the 
interpreted presence of sponges in the Cryogenian (276). In summary, the presence or absence of sponges 
in Cryogenian oceans remains speculative (see a recent review by Botting and Muir, 277). If sponges (or 
their ‘proto-sponge’ ancestors) inhabited glaciomarine environments during the Sturtian glaciation, they 
would have had over 50 Ma to gradually expand their habitat closer to meltwater outwash sites, which may 
have been an important adaptation for the survival of the post-glacial freshwater influx. 

Although the Cryogenian fossil record is much sparser and more difficult to interpret than that of 
later periods, studies of Neoproterozoic fossil assemblages permit tests of hypotheses on eukaryotic 
evolution (229, 278-283), with implications for understanding Cryogenian climate and oxygen dynamics. 
The Cryogenian eukaryotic fossil record predominantly consists of acritarchs, and studies have shown a 
decrease in diversity of eukaryotic fossil assemblages around the middle Neoproterozoic (278, 281, 284, 
285), with a particularly low eukaryotic diversity during the Cryogenian (283). This has been speculated to 
represent an extinction event caused by Cryogenian glaciation (284-286). However, high-resolution 
paleontological studies coupled with greater geochronological constraints have demonstrated that this 
decline in eukaryotic diversity predates the onset of the Sturtian glaciation (281, 282, 287). The survival of 
several eukaryotic taxa throughout the Cryogenian and into the Ediacaran (226, 288, 289) has been used to 
argue for substantial aerobic habitats during the Cryogenian glaciations (226).  
 
Links between glaciation and oxygenation 
Cryosphere activity is an important control on the redox state of the modern oceans. The seawater of modern 
glaciomarine environments comprises a mixture of warm circumpolar deep water, cold dense water 
resulting from brine-rejection during sea ice formation, and ice shelf water supplied by glacial ice melting 
(290). Dense shelf water plays a key role in ventilating the deep oceans (291), yet glacial meltwater also 
forms a significant seawater constituent of modern glaciated margins (60, 61). The solubility of oxygen in 
seawater is inversely proportional to temperature (292, 293), and glacial meltwaters can be enriched in 
oxygen due to the dissolution of gas bubbles trapped in glacial ice (64, 67, 294, 295). Because modern 
shallow marine environments are pervasively oxygenated, the delivery of O2 to modern glaciomarine 
environments via glacial meltwater has received little attention (67, 290) compared to the production of sea 
ice brines. Given the observation of oxygenated subglacial and supraglacial meltwaters in modern polar 
environments (64, 295), we suggest that a glacial oxygen supply was active in previous glaciations, albeit 
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potentially limited by the availability of O2. Although the timing of the origin of oxygenic photosynthesis 
is contentious, oxygenic photosynthesis undoubtedly predates the Great Oxidation Event (296, 297), and 
there is geochemical evidence that suggests that biological O2 production may have been active by the 
Mesoarchean (298). Glacial delivery of atmospheric O2 to marine environments could hypothetically have 
occurred in any glaciation following this evolutionary advent. Despite a dearth of absolute geochronological 
constraints on many aspects of the Precambrian geological record, there appears to be a temporal 
association between major ice ages and the oxidation of the Earth’s surface environments (222, 299-303). 
We argue that the transfer of atmospheric O2 to the oceans via proglacial outwash of subglacial meltwater 
is a simple mechanism that should be considered when interpreting marine redox shifts during glaciation.  

The Neoproterozoic Era experienced at least three extreme glaciations: the Sturtian and Marinoan 
glaciations of the Cryogenian Period, and the Gaskiers glaciation of the Ediacaran Period (109, 220). 
Although anoxic marine environments likely persisted into the Phanerozoic (164, 216), there is abundant 
evidence from geochemical proxies used to argue for increases in marine oxygenation following glaciation 
in the Cryogenian (172, 301, 304-306) and Ediacaran (307-309). Authigenic Fe and Mn enrichment is 
ubiquitous in Neoproterozoic glacial successions. Although the geochronology and stratigraphic correlation 
of many Neoproterozoic glacial successions remains ambiguous, IFs correlated to the Sturtian glaciation 
are global in distribution. These deposits can be found in the USA (310-312); Canada (313); China (314); 
Australia (315); South Africa (316); and Namibia (317). The Sturtian glacially associated IFs of Namibia 
also contain abundant manganese formations (138). While it has been argued that Neoproterozoic IFs are 
restricted to Sturtian glacial successions (316, 318), other Neoproterozoic IFs of uncertain age are reported 
from Mongolia (319); Kyrgyzstan (320); Russia (320, 321); Iran (322); Egypt and Saudi Arabia (323); 
Morocco (324); Togo (325); Uruguay (326); Bolivia (327); and Brazil (328), warranting further 
investigation. The Fe and Mn formations of Bolivia, Brazil (329) and Togo (330) have been correlated to 
the Marinoan glaciation, and many Marinoan glacial diamictites have an Fe-rich matrix (30). 
Geochronological constrains also permit tentative correlation of deposits in Brazil (161, 177), Uruguay 
(331) and Iran (332) to the Ediacaran Gaskiers glaciation.  

Although some authors favor rift-related hydrothermal-exhalative (92, 333-335) or volcanogenic 
(336, 337) models, the association of Cryogenian IFs with glacial deposits has led to the hypothesis that 
these deposits are the product of marine redox processes and genetically linked to glaciation (139, 338). 
Most commonly, glaciation is linked to heightened marine anoxia and elevated dissolved Fe concentrations. 
Syn-glacial eustatic sea level fall has been suggested to have inhibited ocean circulation (339); concentrated 
marine solutes (340); reduced riverine sulfate supply (341); and elevated the Fe flux from the weathering 
of glacially eroded bedrock (342) and hydrothermal input from depressurized ridge systems (343). 
Alternatively, enhanced Fe delivery may have been sourced from the weathering of continental flood basalts 
(173, 344, 345) or rift-related hydrothermalism (346). Widespread oceanic ice cover during Cryogenian 
glaciation (219, 220, 338), or localized ice cover over restricted basins (139, 347), has also been invoked 
as a causal mechanism for the development of ferruginous conditions (123, 219, 338). Subsequent glacial 
retreat would lead to the re-coupling of the oceans and the oxygenated atmosphere. Alternatively, Kaufman 
et al. (348) suggested that prolonged Proterozoic ocean stratification promoted the development of 
ferruginous deep waters, and that Cryogenian syn-glacial upwelling of ferruginous seawater into 
oxygenated surface waters may have been responsible for IF deposition. Halverson et al. (171) proposed 
that the seasonal upwelling of ferruginous seawaters—enriched in Fe(II) from seafloor alteration and the 
weathering of continental flood basalts (349)—across a stratified chemocline into oxic surface waters could 
have led to the deposition of IF. 

Several authors have proposed a genetic relationship between various forms of glacial meltwater and 
IF deposition. For the Paleoproterozoic Snowball Earth events, the accumulation of atmospheric hydrogen 
peroxide during glaciation, and the subsequent transfer to the marine environment via basal ice shelf 
melting, has been invoked as an oxidative mechanism (350, 351). Yeo (100) presented a model for 
Cryogenian IF whereby Fe(II)-rich hydrothermal plumes were displaced by cold, dense glacial fluids 
leading to IFs intercalated with glacial deposits. This model was supported by later studies of Cryogenian 
IFs (352, 353). Alternatively, Urban et al. (139) proposed that proglacial meltwater outwash could have 
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transported ferruginous seawater out from anoxic, ice covered fjords and into the oxygenated open marine 
environment, depositing Fe- and Mn-oxides. Hurrey (339) postulated that the glacial meltwater itself may 
have been oxygenated and therefore capable of oxidizing the ferruginous Cryogenian seawater, a possibility 
also raised by Hoffman (354) and Halverson et al. (171).  

The precipitation of abundant Fe-oxides requires a strong redox gradient and high seawater Fe(II) 
concentrations, both of which would likely have been exacerbated during the intense Sturtian glaciation. 
Therefore, while Sturtian IFs are indicative of seawater oxidative processes, glacial meltwater O2 supply 
was likely active during other glaciations throughout Earth history when the unique conditions for IF 
deposition and preservation were not met. The weathering of late Tonian continental flood basalts (344, 
349) and extensive shallow ridge volcanism during the rifting of Rodinia (355) have both been suggested 
to have enhanced delivery of Fe in the leadup to the Sturtian glaciation. Modelling of the oxygen dynamics 
of a Snowball Earth event predicts a decline in the Fe(II) concentrations of the oceanic reservoir following 
deglaciation (299). The multi-million-year oxidation of seawater via the outwash of subglacial meltwater 
would have also acted to lower seawater Fe(II) concentrations during the Sturtian, as evidenced by the 
removal and subsequent of seawater Fe(II) burial as Fe oxides in IFs. Therefore, while the oceans remained 
dominantly ferruginous during the Marinoan glaciation (131), syn-glacial seawater may have had 
insufficient Fe(II) concentrations for IF deposition. Differences in glacial thermal regime and hydrology 
may have also led to a different ratio of glacial sedimentation authigenic Fe oxidation in glaciomarine 
environments during the Marinoan. Alternatively, the Marinoan glaciation may not have been sufficiently 
lengthy for this process to leave a lasting mark on the stratigraphic record, particularly as ice-contact 
glaciomarine settings have low preservation potential. Further study of the distribution of sedimentary Fe 
in Marinoan glacial sediments may help to resolve this problem. Variations in glacial sedimentation rates, 
seawater Fe(II) concentrations and ice sheet dynamism may explain the episodic nature of IF within Sturtian 
glacial successions. Overall, the O2 contents of the atmosphere, oceans and meltwaters were likely the 
strongest control on syn-glacial IF deposition. Further improvements in our understanding of Cryogenian 
atmospheric O2 contents, marine Fe(II) concentrations and subglacial meltwater fluxes will improve our 
understanding of this glacial oxygen pump, and numerical modelling approaches may help to resolve the 
temporal and spatial extent of these syn-glacial marine oxygen oases. 
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Fig. S1. 

 
 
Chuos Formation in the Kunene Region of north-western Namibia. (A) Locality map of the study areas. 
Geological maps of the study areas (B) at Okavare in the Otavi Fold Belt; (C) at Landeck south of 
Fransfontein Ridge; (D) at Lowenfontein, Rondehoek Fold; and (E) at Mitten Fold near Orusewa in the 
Damara Belt. Stratigraphic section A-A’ is shown in Fig. S2; B-B’, C-C’ and D-D’ are shown in Fig. S3. 
(F) Bedded cherty IF at Landeck. (G) Massive ferruginous diamictite containing outsized, extrabasinal 
clasts of heterogeneous lithologies, Okavare. (H) Scanning electron microscope (SEM) image of the Chuos 
IF from Okavare, featuring laminations of coarse magnetite (white) and hematite (light grey) within a 
matrix of quartz (dark grey) with minor dolomite and clay minerals.  
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Fig. S2. 

 
 
Chemostratigraphy of the Chuos Formation at Okavare in the Otavi Fold Belt, Namibia. Location (A-A’) 
shown in Fig. S1B. Geochemical data showing the stratigraphic changes in Fe/Al ratios, Mn content, Fe 
isotope composition (δ56Fe) and mean Ce anomalies (Cen/Cen*) for the IF horizons of the Chuos Formation. 
The interpreted glaciomarine depositional setting is highlighted. The ferruginous matrix of some Fe-rich 
diamictites were also analyzed; these data are shown for comparison. Note that in order to select the best-
preserved rocks, several IF samples were taken from adjacent to the measured section and are therefore not 
plotted on this stratigraphic diagram (see Data S1). Abbreviations: De. = Devede Formation, Ra. = Rasthof 
Formation.  
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Fig. S3. 

 
 
Chemostratigraphy of the Chuos Formation in the Damara Belt, Namibia. Sections were measured at 
Landeck (B-B’), Rondehoek Fold (C-C’) and Mitten Fold (D-D’); locations shown in Fig. S1C-E. 
Geochemical data showing the stratigraphic changes in Fe/Al ratios, Mn content, Fe isotope composition 
(δ56Fe) and mean Ce anomalies (Cen/Cen*) for the IF horizons of the Chuos Formation. The interpreted 
glaciomarine depositional setting is highlighted. The ferruginous matrix of some Fe-rich diamictites were 
also analyzed; these data are shown for comparison. Note that some samples were taken from adjacent to 
measured sections and are therefore not plotted on stratigraphic diagrams. Abbreviations: Ok. = Okatjize 
Formation, Ks. = Kuiseb Formation, Or = Orusewa Formation, Kb. = Karibib Formation.   
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Fig. S4. 

 
 
The Yudnamutana Subgroup within the Adelaide Fold Belt, South Australia. (A) Locality map of the study 
areas. Geological maps of the study areas (B) at Oraparinna in the Ikara-Flinders Ranges; (C): at Willippa, 
east of Hawker and (D): at Holowilena South, east of Craddock. Stratigraphic section E-E’ is shown in Fig. 
S5; F-F’ and G-G’ are shown in Fig. S6. (E) Thick (>10 m) succession of finely laminated IF, Holowilena 
South. (F) Massive, ferruginous diamictite containing outsized clasts, Holowilena South. (G) SEM image 
of the Holowilena Ironstone featuring finely laminated hematite (white), with quartz grains and a chert 
matrix (grey).   
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Fig. S5.  

 
 
Chemostratigraphy of the Holowilena Ironstone (Yudnamutana Subgroup) at Oraparinna, South Australia. 
Location shown in Figure S4D (E-E’). Geochemical data showing the stratigraphic changes in Fe/Al ratios, 
Mn content, Fe isotope composition (δ56Fe) and mean Ce anomalies (Cen/Cen*) for the IF horizons and 
ferruginous siltstones of the Holowilena Ironstone. The interpreted glaciomarine depositional setting is 
highlighted. Abbreviations: C.B. = Callanna Beds, Wil. Fm = Wilyerpa Formation, T.H. = Tapley Hill 
Formation.  
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Fig. S6.   

 
 
Chemostratigraphy of the Holowilena Ironstone (Yudnamutana Subgroup) in the central Adelaide Fold 
Belt, South Australia. Sections were measured at Willippa (F-F’) and Holowilena South (G-G’); locations 
shown in Fig. S4B-C. Geochemical data showing the stratigraphic changes in Fe/Al ratios, Mn content, Fe 
isotope composition (δ56Fe) and mean Ce anomalies (Cen/Cen*) for the IF horizons of the Holowilena 
Ironstone. The interpreted glaciomarine depositional setting is highlighted. The ferruginous matrix of some 
Fe-rich diamictites were also analyzed; these data are shown for comparison. Abbreviations: S.D. = 
Skillogalee Dolomite (Burra Group), Wil. = Wilyerpa Formation, T.H. = Tapley Hill Formation.  
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Fig. S7. 

 
 
The Kingston Peak Formation in south-eastern Death Valley and the Kingston Range Wilderness, 
California, USA. (A) Locality map of the study areas. Geological maps of (B) Sperry Wash near the Dumont 
Dunes (99) and (C) the southern Kingston Range (356). Stratigraphic sections H-H’ and I-I’ are shown in 
Fig. S8. (D) Finely laminated iron formation overlain by sandstone, Kingston Range Wilderness. (E) 
Sandstone lenses featuring load structures within iron formation, Kingston Range Wilderness. (F) SEM 
image of a sandstone interbed overlain by finely laminated hematite (white) with a chert matrix. (G) Coarse 
gravel conglomerate displaying prominent grading overlying graded sandstone with cross lamination, 
interpreted to represent mass flow deposits.  
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Fig. S8. 

 
 
Chemostratigraphy of the iron formation-bearing intervals of the Kingston Peak Formation, California. 
Sections were measured at Sperry Wash (H-H’) and the southern Kingston Range Wilderness (I-I’); 
locations shown in Fig. S7B-C. Geochemical data showing the stratigraphic changes in Fe/Al ratios, Mn 
content, Fe isotope composition (δ56Fe) and mean Ce anomalies (Cen/Cen*) for the iron formation horizons 
of the Kingston Peak Formation. The interpreted glaciomarine depositional setting is highlighted. 
Abbreviations: B.S. = Beck Spring Dolomite, Nd. = Noonday Formation.  



 
 

26 
 

Fig. S9. 

 
 
Variation in sedimentary Fe isotopic ratios throughout Earth’s history. The Fe isotope compositions of 
Cryogenian iron formations (red circles; this study) are highlighted relative to other sedimentary Fe-bearing 
phases from published literature. The dark grey and light grey horizontal bars represent the range of δ56Fe 
values for igneous rocks and hydrothermal Fe(II) sources respectively (5, 190, 357). The blue vertical bar 
represents the broad range of the Great Oxidation Event (297). Figure based upon the compilations of 
Bekker et al. (358), Busigny et al. (5) and McCoy et al. (359), updated with new results and additional 
literature data (193, 360-366). 
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Fig. S10. 

 
 
Statistical comparisons of Sturtian IF paleoredox proxy data: (A) Fe/Al ratios; (B) Mn/Al ratios; (C) Ce 
anomalies (Cen/Cen*); and (D) Fe isotope ratios (δ56Fe) binned according to their interpreted depositional 
environment (ice-contact, ice-proximal or ice-distal). The circles represent the mean of the samples for each 
glaciomarine environment, and the whiskers represent the standard error. The letters (a, b or c) represent 
the results of multiple comparisons using Tukey’s honest significant difference test performed following 
analysis of variance: bins annotated with the same letter are not significantly different. The ice-contact 
facies IFs are significantly different to the ice-proximal facies IFs in all cases except for Ce anomalies, and 
significantly different from the ice-distal facies IFs in all cases. 
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Table S1. 

Facies Predominant process interpretation Glaciomarine depositional 
environment 

Mudstone Hemipelagic suspension settling Open marine to ice-distal, with 
or without ice-rafting 

Interbedded mudstone 
and sandstone 

Low to moderate density sediment 
gravity flow 
Marine outwash resedimentation 
Hemipelagic suspension settling with 
ice-rafted debris 

Ice-distal 
Grounding line fan 

Mudstone with outsized 
clasts 

Subglacial deposition 
Hemipelagic suspension settling 
Ice-rafted debris rainout 

Ice-proximal to ice-distal 

Rhythmically 
interbedded mudstone 
with siltstone or 
sandstone 

Suspension settling from turbid plumes 
Low-density turbidity current deposition 
Ice-rafted debris rainout 

Ice-proximal to ice-distal 

Sandstone 
Sandy gravel with 
subrounded clasts 

Sediment gravity flows 
Glaciofluvial outwash 

Ice-proximal 
Grounding line fan 

Conglomerate Marine outwash resedimentation 
Mass flow resedimentation 

Ice-proximal 
Grounding line fan 

Breccia Mass flow resedimentation 
Volcanogenic debris flow 

Ice-proximal 
Grounding line 

Stratified diamictite Subglacial deposition 
Ice-rafted debris rainout with currents 
Debris flow deposition 

Ice-contact to ice-proximal 

Massive diamictite Subglacial deposition 
Ice-rafted debris rainout without currents 
Debris flow deposition 

Ice-contact to ice-proximal 

 
Interpretation of the depositional processes responsible for the various sedimentary facies observed in 
Sturtian glacial successions, and their assigned glaciomarine depositional environment. Adapted from 
Naish et al. (48). 
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Data S1. (separate file) 
In situ geochemical data; bulk rock geochemical data; bulk rock Fe isotope geochemical data; results of 
statistical analyses of iron formation geochemical data. 
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